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This chapter describes the composition of the atmos-
phere – its major gases and impurities, their vertical
distribution, and variations through time. The various
greenhouse gases and their significance are discussed.
It also examines the vertical distribution of atmospheric
mass and the structure of the atmosphere, particularly
the vertical variation of temperature.

A COMPOSITION OF THE ATMOSPHERE

1 Primary gases

Air is a mechanical mixture of gases, not a chemical
compound. Dry air, by volume, is more than 99 per cent
composed of nitrogen and oxygen (Table 2.1). Rocket
observations show that these gases are mixed in remark-
ably constant proportions up to about 100 km altitude.
Yet, despite their predominance, these gases are of little
climatic importance.
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2
Atmospheric composition, mass 
and structure

Learning objectives
When you have read this chapter you will:

� Be familiar with the composition of the atmosphere – its gases and other constituents,

� Understand how and why the distribution of trace gases and aerosols varies with height, latitude and time,

� Know how atmospheric pressure, density and water vapour pressure vary with altitude,

� Be familiar with the vertical layers of the atmosphere, their terminology and significance.

Table 2.1 Average composition of the dry atmosphere 
below 25 km.

Component Symbol Volume % Molecular 

(dry air) weight

Nitrogen N2 78.08 28.02
Oxygen O2 20.95 32.00
*‡Argon Ar 0.93 39.88
Carbon dioxide CO2 0.037 44.00
‡Neon Ne 0.0018 20.18
*‡Helium He 0.0005 4.00
†Ozone O3 0.00006 48.00
Hydrogen H 0.00005 2.02
‡Krypton Kr 0.0011
‡Xenon Xe 0.00009
§Methane CH4 0.00017

Notes: * Decay products of potassium and uranium.
† Recombination of oxygen.
‡ Inert gases.
§ At surface.



2 Greenhouse gases

In spite of their relative scarcity, the so-called green-

house gases play a crucial role in the thermodynamics
of the atmosphere. They trap radiation emitted by the
earth, thereby producing the greenhouse effect (see
Chapter 3C). Moreover, the concentrations of these
trace gases are strongly affected by human (i.e. anthro-
pogenic) activities:

1 Carbon dioxide (CO2) is involved in a complex global
cycle (see 2A.7). It is released from the earth’s interior
and produced by respiration of biota, soil microbia,
fuel combustion and oceanic evaporation. Conversely,
it is dissolved in the oceans and consumed by plant
photosynthesis. The imbalance between emissions
and uptake by the oceans and terrestrial biosphere
leads to the net increase in the atmosphere.

2 Methane (CH4) is produced primarily through anaer-
obic (i.e. oxygen-deficient) processes by natural
wetlands and rice paddies (together about 40 per cent
of the total), as well as by enteric fermentation in
animals, by termites, through coal and oil extraction,
biomass burning, and from landfills.

CO2 � 4H2 → CH4 � 2H2O

Almost two-thirds of the total production is related
to anthropogenic activity.

Methane is oxidized to CO2 and H2O by a complex
photochemical reaction system.

CH4 � O2 � 2x → CO2 � 2x H2

where x denotes any specific methane destroying
species (e.g. H, OH, NO, Cl or Br).

3 Nitrous oxide (N2O) is produced primarily by
nitrogen fertilizers (50–75 per cent) and industrial
processes. Other sources are transportation, biomass
burning, cattle feed lots and biological mechanisms
in the oceans and soils. It is destroyed by photo-
chemical reactions in the stratosphere involving the
production of nitrogen oxides (NO

x
).

4 Ozone (O3) is produced through the breakup of
oxygen molecules in the upper atmosphere by solar
ultraviolet radiation and is destroyed by reactions
involving nitrogen oxides (NO

x
) and chlorine (Cl)

(the latter generated by CFCs, volcanic eruptions 

and vegetation burning) in the middle and upper
stratosphere.

5 Chlorofluorocarbons (CFCs: chiefly CFCl3 (F–12)
and CF2Cl2 (F–12)) are entirely anthropogenically
produced by aerosol propellants, refrigerator coolants
(e.g. ‘freon’), cleansers and air-conditioners, and were
not present in the atmosphere until the 1930s. CFC
molecules rise slowly into the stratosphere and then
move poleward, being decomposed by photochemical
processes into chlorine after an estimated average
lifetime of some 65 to 130 years.

6 Hydrogenated halocarbons (HFCs and HCFCs) 
are also entirely anthropogenic gases. They have
increased sharply in the atmosphere over the past 
few decades, following their use as substitutes for
CFCs. Trichloroethane (C2H3Cl3), for example,
which is used in dry-cleaning and degreasing agents,
increased fourfold in the 1980s and has a seven-year
residence time in the atmosphere. They generally
have lifetimes of a few years, but still have sub-
stantial greenhouse effects. The role of halogens

of carbon (CFCs and HCFCs) in the destruction of
ozone in the stratosphere is described below

7 Water vapour (H2O), the primary greenhouse gas, 
is a vital atmospheric constituent. It averages about
1 per cent by volume but is very variable both in
space and time, being involved in a complex global
hydrological cycle (see Chapter 3).

3 Reactive gas species

In addition to the greenhouse gases, important reactive

gas species are produced by the cycles of sulphur,
nitrogen and chlorine. These play key roles in acid
precipitation and in ozone destruction. Sources of these
species are as follows:

Nitrogen species. The reactive species of nitrogen
are nitric oxide (NO) and nitrogen dioxide (NO2). NO

x

refers to these and other odd nitrogen species with
oxygen. Their primary significance is as a catalyst for
tropospheric ozone formation. Fossil fuel combustion
(approximately 40 per cent for transportation and 60 
per cent for other energy uses) is the primary source of
NO

x
(mainly NO) accounting for ~25 � 109 kg N/year.

Biomass burning and lightning activity are other impor-
tant sources. NO

x
emissions increased by some 200 

per cent between 1940 and 1980. The total source of
NO

x
is about 40 � 109 kg N/year. About 25 per cent 

of this enters the stratosphere, where it undergoes 
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photochemical dissociation. It is also removed as nitric
acid (HNO3) in snowfall. Odd nitrogen is also released
as NH

x
by ammonia oxidation in fertilizers and by

domestic animals (6–10 � 109 kg N/year).
Sulphur species. Reactive species are sulphur

dioxide (SO2) and reduced sulphur (H2S, DMS).
Atmospheric sulphur is almost entirely anthropogenic 
in origin: 90 per cent from coal and oil combustion, and
much of the remainder from copper smelting. The major
sources are sulphur dioxide (80–100 � 109 kg S/year),
hydrogen sulphide (H2S) (20–40 � 109 g S/year) and
dimethyl sulphide (DMS) (35–55 � 109 kg S/year).
DMS is produced primarily by biological productivity
near the ocean surface. SO2 emissions increased by
about 50 per cent between 1940 and 1980, but declined
in the 1990s. Volcanic activity releases approximately
109 kg S/year as sulphur dioxide. Because the lifetime
of SO2 and H2S in the atmosphere is only about one 
day, atmospheric sulphur occurs largely as carbonyl
sulphur (COS), which has a lifetime of about one year.
The conversion of H2S gas to sulphur particles is an
important source of atmospheric aerosols.

Despite its short lifetime, sulphur dioxide is readily
transported over long distances. It is removed from the
atmosphere when condensation nuclei of SO2 are pre-
cipitated as acid rain containing sulphuric acid (H2SO4).
The acidity of fog deposition can be more serious
because up to 90 per cent of the fog droplets may be
deposited. 

Acid deposition includes both acid rain and snow
(wet deposition) and dry deposition of particulates.
Acidity of precipitation represents an excess of positive
hydrogen ions [H+] in a water solution. Acidity is
measured on the pH scale (1 – log[H+]) ranging from 1
(most acid) to 14 (most alkaline), 7 is neutral (i.e. the
hydrogen cations are balanced by anions of sulphate,
nitrate and chloride). Peak pH readings in the eastern
United States and Europe are ≤4.3.

Over the oceans, the main anions are Cl– and SO4
2–

from sea-salt. The background level of acidity in rainfall
is about pH 4.8 to 5.6, because atmospheric CO2 reacts
with water to form carbonic acid. Acid solutions in
rainwater are enhanced by reactions involving both 
gas-phase and aqueous-phase chemistry with sulphur
dioxide and nitrogen dioxide. For sulphur dioxide, rapid
pathways are provided by:

HOSO2 � O2 → HO2 + SO3

H2O + SO3 → H2 SO4 (gas phase)

and

H2O + HSO3 → H+ + SO4
2– + H2O (aqueous phase)

The OH radical is an important catalyst in gas-phase
reaction and hydrogen peroxide (H2O2) in the aqueous
phase.

Acid deposition depends on emission concentra-
tions, atmospheric transport and chemical activity,
cloud type, cloud microphysical processes, and type 
of precipitation. Observations in northern Europe and
eastern North America in the mid-1970s, compared with
the mid-1950s, showed a twofold to threefold increase
in hydrogen ion deposition and rainfall acidity. Sulphate
concentrations in rainwater in Europe increased over
this twenty-year period by 50 per cent in southern
Europe and 100 per cent in Scandinavia, although there
has been a subsequent decrease, apparently associated
with reduced sulphur emissions in both Europe and
North America. The emissions from coal and fuel oil in
these regions have high sulphur content (2–3 per cent)
and, since major SO2 emissions occur from elevated
stacks, SO2 is readily transported by the low-level
winds. NO

x
emissions, by contrast, are primarily from

automobiles and thus NO3– is deposited mainly locally.
SO2 and NO

x
have atmospheric resident times of one 

to three days. SO2 is not dissolved readily in cloud or
raindrops unless oxidized by OH or H2O2, but dry depo-
sition is quite rapid. NO is insoluble in water, but it is
oxidized to NO2 by reaction with ozone, and ultimately
to HNO3 (nitric acid), which dissolves readily.

In the western United States, where there are fewer
major sources of emission, H+ ion concentrations in
rainwater are only 15 to 20 per cent of levels in the east,
while sulphate and nitrate anion concentrations are 
one-third to one-half of those in the east. In China, 
high-sulphur coal is the main energy source and rain-
water sulphate concentrations are high; observations 
in southwest China show levels six times those in 
New York City. In winter, in Canada, snow has been
found to have more nitrate and less sulphate than rain,
apparently because falling snow scavenges nitrate faster
and more effectively. Consequently, nitrate accounts for
about half of the snowpack acidity. In spring, snow-melt
runoff causes an acid flush that may be harmful to fish
populations in rivers and lakes, especially at the egg or
larval stages.

In areas with frequent fog, or hill cloud, acidity 
may be greater than with rainfall; North American data
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indicate pH values averaging 3.4 in fog. This is a result
of several factors. Small fog or cloud droplets have a
large surface area, higher levels of pollutants provide
more time for aqueous-phase chemical reactions, and
the pollutants may act as nuclei for fog droplet con-
densation. In California, pH values as low as 2.0 to 2.5
are not uncommon in coastal fogs. Fog water in Los
Angeles usually has high nitrate concentrations due to
automobile traffic during the morning rush-hour.

The impact of acid precipitation depends on the
vegetation cover, soil and bedrock type. Neutralization
may occur by addition of cations in the vegetation
canopy or on the surface. Such buffering is greatest if
there are carbonate rocks (Ca, Mg cations); otherwise
the increased acidity augments normal leaching of bases
from the soil.

4 Aerosols

There are significant quantities of aerosols in the
atmosphere. These are suspended particles of sea-salt,
mineral dust (particularly silicates), organic matter and
smoke. Aerosols enter the atmosphere from a variety of
natural and anthropogenic sources (Table 2.2). Some
originate as particles – soil grains and mineral dust from
dry surfaces, carbon soot from coal fires and biomass
burning, and volcanic dust. Figure 2.1B shows their size
distributions. Others are converted into particles from
inorganic gases (sulphur from anthropogenic SO2 and
natural H2S; ammonium salts from NH3; nitrogen from
NO

x
). Sulphate aerosols, two-thirds of which come 

from coal-fired power station emissions, now play an
important role in countering global warming effects by
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Table 2.2 Aerosol production estimates, less than 5 µm radius (109 kg/year) and typical 
concentrations near the surface (µg m–3).

Concentration

Production Remote Urban

Natural

Primary production
Sea salt 2300 5–10
Mineral particles 900–1500 0.5–5*
Volcanic 20
Forest fires and biological debris 50

Secondary production (gas → particle):
Sulphates from H2S 70 1–2
Nitrates from NO

x
22

Converted plant hydrocarbons 25
Total natural 3600

Anthropogenic

Primary production:
Mineral particles 0–600

Industrial dust 50
Combustion (black carbon) 10 }100–500†

(organic carbon) 50
Secondary production (gas → particle):

Sulphate from SO2 140 0.5–1.5 10–20
Nitrates from NO

x
30 0.2 0.5

Biomass combustion
(organics) 20

Total anthropogenic 290–890

Notes : *10–60 µg m–3 during dust episodes from the Sahara over the Atlantic.
† Total suspended particles.
10 9 kg = 1 Tg

Sources : Ramanathan et al. (2001), Schimel et al. (1996), Bridgman (1990).



reflecting incoming solar radiation (see Chapter 13).
Other aerosol sources are sea-salt and organic matter
(plant hydrocarbons and anthropogenically derived).
Natural sources are several times larger than anthro-
pogenic ones on a global scale, but the estimates 
are wide-ranging. Mineral dust is particularly hard to
estimate due to the episodic nature of wind events and
the considerable spatial variability. For example, the
wind picks up some 1500 Tg (1012 g) of crustal material
annually, about half from the Sahara and the Arabian

Peninsula (see Plate 5). Most of this is deposited down-
wind over the Atlantic. There is similar transport from
western China and Mongolia eastward over the North
Pacific Ocean. Large particles originate from mineral
dust, sea salt spray, fires and plant spores (Figure 2.1A);
these sink rapidly back to the surface or are washed out
(scavenged) by rain after a few days. Fine particles from
volcanic eruptions may reside in the upper stratosphere
for one to three years.

Small (Aitken) particles form by the condensation of
gas-phase reaction products and from organic molecules
and polymers (natural and synthetic fibres, plastics,
rubber and vinyl). There are 500 to 1000 Aitken particles
per cm3 in air over Europe. Intermediate-sized (accu-
mulation mode) particles originate from natural sources
such as soil surfaces, from combustion, or they accu-
mulate by random coagulation and by repeated cycles 
of condensation and evaporation (Figure 2.1A). Over
Europe, 2000 to 3500 such particles per cm3 are
measured. Particles with diameters <10 µm (PM10), origi-
nating especially from mechanical breakdown processes,
are now often documented separately. Particles with
diameters of 0.1 to 1.0 µm are highly effective in scat-
tering solar radiation (Chapter 3B.2), and those of about
0.1 µm diameter are important in cloud condensation.

Having made these generalizations about the atmos-
phere, we now examine the variations that occur in
composition with height, latitude and time.

5 Variations with height

The light gases (hydrogen and helium especially) might
be expected to become more abundant in the upper
atmosphere, but large-scale turbulent mixing of the
atmosphere prevents such diffusive separation up to at
least 100 km above the surface. The height variations
that do occur are related to the source locations of the
two major non-permanent gases – water vapour and
ozone. Since both absorb some solar and terrestrial
radiation, the heat budget and vertical temperature
structure of the atmosphere are affected considerably
by the distribution of these two gases.

Water vapour comprises up to 4 per cent of the
atmosphere by volume (about 3 per cent by weight) near
the surface, but only 3 to 6 ppmv (parts per million 
by volume) above 10 to 12 km. It is supplied to the
atmosphere by evaporation from surface water or by
transpiration from plants and is transferred upwards 
by atmospheric turbulence. Turbulence is most effective
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Figure 2.1 Atmospheric particles. (A) Mass distribution, together
with a depiction of the surface–atmosphere processes that create
and modify atmospheric aerosols, illustrating the three size modes.
Aitken nuclei are solid and liquid particles that act as condensation
nuclei and capture ions, thus playing a role in cloud electrification.
(B) Distribution of surface area per unit volume.

Sources: (A) After Glenn E. Shaw, University of Alaska, Geophysics
Institute. (B) After Slinn (1983).



below about 10 or 15 km and as the maximum possible
water vapour density of cold air is very low anyway (see
B.2, this chapter), there is little water vapour in the upper
layers of the atmosphere.

Ozone (O3) is concentrated mainly between 15 and
35 km. The upper layers of the atmosphere are irradiated
by ultraviolet radiation from the sun (see C.1, this
chapter), which causes the breakup of oxygen molecules
at altitudes above 30 km (i.e. O2 → O � O). These
separated atoms (O + O) may then combine individu-
ally with other oxygen molecules to create ozone, as
illustrated by the simple photochemical scheme:

O2 � O � M → O3 � M

where M represents the energy and momentum balance
provided by collision with a third atom or molecule; 
this Chapman cycle is shown schematically in Figure
2.2A. Such three-body collisions are rare at 80 to 
100 km because of the very low density of the atmos-
phere, while below about 35 km most of the incoming
ultraviolet radiation has already been absorbed at higher
levels. Therefore ozone is formed mainly between 
30 and 60 km, where collisions between O and O2 are
more likely. Ozone itself is unstable; its abundance 
is determined by three different photochemical 
interactions. Above 40 km odd oxygen is destroyed
primarily by a cycle involving molecular oxygen;
between 20 and 40 km NO

x
cycles are dominant; while

below 20 km a hydrogen–oxygen radical (HO2) is
responsible. Additional important cycles involve
chlorine (ClO) and bromine (BrO) chains at various
altitudes. Collisions with monatomic oxygen may re-
create oxygen (see Figure 2.2B), but ozone is destroyed
mainly through cycles involving catalytic reactions,
some of which are photochemical associated with
longer wavelength ultraviolet radiation (2.3 to 2.9 µm).
The destruction of ozone involves a recombination 
with atomic oxygen, causing a net loss of the odd
oxygen. This takes place through the catalytic effect of
a radical such as OH (hydroxyl):

H � O → HO2

HO2 � O → OH � O2

net: 2O → O2

OH � O → H � O2

The odd hydrogen atoms and OH result from the dis-
sociation of water vapour, molecular hydrogen and
methane (CH4).

Stratospheric ozone is similarly destroyed in the
presence of nitrogen oxides (NO

x
, i.e. NO2 and NO) and

chlorine radicals (Cl, ClO). The source gas of the NO
x

is nitrous oxide (N2O), which is produced by com-
bustion and fertilizer use, while chlorofluorocarbons
(CFCs), manufactured for ‘freon’, give rise to the
chlorines. These source gases are transported up to 
the stratosphere from the surface and are converted by
oxidation into NO

x
, and by UV photodecomposition

into chlorine radicals, respectively.
The chlorine chain involves:

2 (Cl � O3 → ClO � O2)
ClO � ClO → Cl2O2

and

Cl � O3 → ClO � O2

OH � O3 → HO3 � 2O2

Both reactions result in a conversion of O3 to O2 and 
the removal of all odd oxygens. Another cycle may
involve an interaction of the oxides of chlorine and
bromine (Br). It appears that the increases of Cl and Br
species during the years 1970 to 1990 are sufficient 
to explain the observed decrease of stratospheric ozone
over Antarctica (see Box 2.1). A mechanism that may
enhance the catalytic process involves polar strato-
spheric clouds. These can form readily during the austral
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Figure 2.2 Schematic illustrations of (A) the Chapman cycle of
ozone formation and (B) ozone destruction. X is any ozone-
destroying species (e.g. H, OH, NO, CR, Br).

Source: After Hales (1996), from Bulletin of the American Meteorological
Society, by permission of the American Meteorological Society.



spring (October), when temperatures decrease to 185 to
195 K, permitting the formation of particles of nitric
acid (HNO3) ice and water ice. It is apparent, however,
that anthropogenic sources of the trace gases are the
primary factor in the ozone decline. Conditions in 
the Arctic are somewhat different as the stratosphere 
is warmer and there is more mixing of air from 
lower latitudes. Nevertheless, ozone decreases are now
observed in the boreal spring in the Arctic stratosphere.

The constant metamorphosis of oxygen to ozone and
from ozone back to oxygen involves a very complex 
set of photochemical processes, which tend to maintain
an approximate equilibrium above about 40 km. How-
ever, the ozone mixing ratio is at its maximum at 
about 35 km, whereas maximum ozone concentration
(see Note 1) occurs lower down, between 20 and 25 km
in low latitudes and between 10 and 20 km in high

latitudes. This is the result of a circulation mechanism
transporting ozone downward to levels where its
destruction is less likely, allowing an accumulation of
the gas to occur. Despite the importance of the ozone
layer, it is essential to realize that if the atmosphere were
compressed to sealevel (at normal sea-level temperature
and pressure) ozone would contribute only about 3 mm
to the total atmospheric thickness of 8 km (Figure 2.3).

6 Variations with latitude and season

Variations of atmospheric composition with latitude and
season are particularly important in the case of water
vapour and stratospheric ozone.

Ozone content is low over the equator and high 
in subpolar latitudes in spring (see Figure 2.3). If the
distribution were solely the result of photochemical
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OZONE IN THE STRATOSPHERE

Ozone measurements were first made in the 1930s. Two properties are of interest: (i) the total ozone in an atmospheric
column. This is measured with the Dobson spectrophotometer by comparing the solar radiation at a wavelength where
ozone absorption occurs with that in another wavelength where such effects are absent; (ii) the vertical distribution 
of ozone. This can be measured by chemical soundings of the stratosphere, or calculated at the surface using the 
Umkehr method; here the effect of solar elevation angle on the scattering of solar radiation is measured. Ozone
measurements, begun in the Antarctic during the International Geophysical Year, 1957–58, showed a regular annual
cycle with an austral spring (October–November) peak as ozone-rich air from mid-latitudes was transported poleward
as the winter polar vortex in the stratosphere broke down. Values declined seasonally from around 450 Dobson units
(DU) in spring to about 300 DU in summer and continued about this level through the autumn and winter. Scientists
of the British Antarctic Survey noted a different pattern at Halley Base beginning in the 1970s. In spring, with the 
return of sunlight, values began to decrease steadily between about 12 and 20 km altitude. Also in the 1970s, satellite
sounders began mapping the spatial distribution of ozone over the polar regions. These revealed that low values formed
a central core and the term “Antarctic ozone hole” came into use. Since the mid-1970s, values start decreasing in late
winter and reach minima of around 100 DU in the austral spring.

Using a boundary of 220 DU (corresponding to a thin, 2.2-mm ozone layer, if all the gas were brought to sea level
temperature and pressure), the extent of the Antarctic ozone hole at the end of September averaged 21 million km2,
during 1990–99. This expanded to cover 27 million km2 by early September in 1999 and 2000.

In the Arctic, temperatures in the stratosphere are not as low as over the Antarctic, but in recent years ozone
depletion has been large when temperatures fall well below normal in the winter stratosphere. In February 1996, for
example, column totals averaging 330 DU for the Arctic vortex were recorded compared with 360 DU, or higher, in
other years. A series of mini-holes was observed over Greenland, the northern North Atlantic and northern Europe
with an absolute low over Greenland below 180 DU. An extensive ozone hole is less likely to develop in the Arctic
because the more dynamic stratospheric circulation, compared with the Antarctic, transports ozone poleward from 
mid-latitudes.

box 2.1

significant 
20th-c. advance



processes, the maximum would occur in June near the
equator, so the anomalous pattern must result from a
poleward transport of ozone. Apparently, ozone moves
from higher levels (30 to 40 km) in low latitudes towards
lower levels (20 to 25 km) in high latitudes during the
winter months. Here the ozone is stored during the polar

night, giving rise to an ozone-rich layer in early spring
under natural conditions. It is this feature that has been
disrupted by the stratospheric ozone ‘hole’ that now
forms each spring in the Antarctic and in some recent
years in the Arctic also (see Box 2.1). The type of

circulation responsible for this transfer is not yet known
with certainty, although it does not seem to be a simple,
direct one.

The water vapour content of the atmosphere is
related closely to air temperature (see B.2, this chapter,
and Chapter 4B and C) and is therefore greatest in
summer and in low latitudes. There are, however,
obvious exceptions to this generalization, such as the
tropical desert areas of the world.

The carbon dioxide content of the air (currently aver-
aging 372 parts per million (ppm)) has a large seasonal
range in higher latitudes in the northern hemisphere
associated with photosynthesis and decay in the bio-
sphere. At 50°N, the concentration ranges from about
365 ppm in late summer to 378 ppm in spring. The 
low summer values are related to the assimilation of
CO2 by the cold polar seas. Over the year, a small 
net transfer of CO2 from low to high altitudes takes place 
to maintain an equilibrium content in the air.

7 Variations with time

The quantities of carbon dioxide, other greenhouse
gases and particles in the atmosphere undergo long-term
variations that may play an important role in the earth’s
radiation budget. Measurements of atmospheric trace
gases show increases in nearly all of them since the
Industrial Revolution began (Table 2.3). The burning
of fossil fuels is the primary source of these increasing
trace gas concentrations. Heating, transportation and
industrial activities generate almost 5 � 1020 J/year 
of energy. Oil and natural gas consumption account 
for 60 per cent of global energy and coal about 25 
per cent. Natural gas is almost 90 per cent methane
(CH4), whereas the burning of coal and oil releases 
not only CO2 but also odd nitrogen (NO

x
), sulphur 

and carbon monoxide (CO). Other factors relating to
agricultural practices (land clearance, farming, paddy
cultivation and cattle raising) also contribute to modi-
fying the atmospheric composition. The concentrations
and sources of the most important greenhouse gases 
are considered in turn.

Carbon dioxide (CO2). The major reservoirs of
carbon are in limestone sediments and fossil fuels. The
atmosphere contains just over 775 � 1012 kg of carbon
(C), corresponding to a CO2 concentration of 370 ppm
(Figure 2.4). The major fluxes of CO2 are a result of
solution/dissolution in the ocean and photosynthesis/
respiration and decomposition by biota. The average
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Figure 2.3 Variation of total ozone with latitude and season 
in Dobson units (milliatmosphere centimeters) for two time
intervals: (top) 1964–1980 and (bottom) 1984–1993. Values over
350 units are stippled.

Source: From Bojkov and Fioletov (1995). From Journal of Geophysical
Research 100 (D), Fig. 15, pp. 16, 548. Courtesy of American
Geophysical Union.



time for a CO2 molecule to be dissolved in the ocean or
taken up by plants is about four years. Photosynthetic
activity leading to primary production on land involves
50 � 1012 kg of carbon annually, representing 7 per cent
of atmospheric carbon; this accounts for the annual
oscillation in CO2 observed in the northern hemisphere
due to its extensive land biosphere.

The oceans play a key role in the global carbon cycle.
Photosynthesis by phytoplankton generates organic
compounds of aqueous carbon dioxide. Eventually,
some of the biogenic matter sinks into deeper water,
where it undergoes decomposition and oxidation back
into carbon dioxide. This process transfers carbon
dioxide from the surface water and sequesters it in 

the ocean deep water. As a consequence, atmospheric
concentrations of CO2 can be maintained at a lower level
than otherwise. This mechanism is known as a ‘biologic
pump’; long-term changes in its operation may have
caused the rise in atmospheric CO2 at the end of the 
last glaciation. Ocean biomass productivity is limited
by the availability of nutrients and by light. Hence,
unlike the land biosphere, increasing CO2 levels will not
necessarily affect ocean productivity; inputs of ferti-
lizers in river runoff may be a more significant factor. 
In the oceans, the carbon dioxide ultimately goes to
produce carbonate of lime, partly in the form of shells
and the skeletons of marine creatures. On land, the 
dead matter becomes humus, which may subsequently
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Table 2.3 Anthropogenically induced changes in concentration of atmospheric trace gases.

Gas Concentration Annual Increase Sources

(%)

1850* 2000 1990s

Carbon dioxide 280 ppm 370 ppm 0.4 Fossil fuels
Methane 800 ppbv 1750ppbv 0.3 Rice paddies, cows,

wetlands
Nitrous oxide 280 ppbv 316 ppbv 0.25 Microbiological activity, 

fertilizer, fossil fuel
CFC–11 0 0.27 ppbv ≈ 0 Freon†

HCFC–22 0 0.11 ppbv 5 CFC substitute
Ozone ? 10–50 ppbv ≈ 0 Photochemical reactions

(troposphere)

Notes: * Pre-industrial levels are derived primarily from measurements in ice cores where air bubbles are trapped as snow accumulates on 
polar ice sheets.

† Production began in the 1930s.

Source: Updated from Schimel et al. (1996), in Houghton et al. (1996).

Figure 2.4 Global carbon reservoirs (gigatonnes of
carbon (GtC): where 1 Gt = 109 metric tons = 1012

kg) and gross annual fluxes (GtC yr –1). Numbers
emboldened in the reservoirs suggest the net annual
accumulation due to anthropogenic causes.

Source: Based on Sundquist, Trabalka, Bolin and
Siegenthaler; after Houghton et al. (1990 and 2001).



form a fossil fuel. These transfers within the oceans and
lithosphere involve very long timescales compared with
exchanges involving the atmosphere.

As Figure 2.4 shows, the exchanges between the
atmosphere and the other reservoirs are more or less
balanced. Yet this balance is not an absolute one;
between AD1750 and 2001 the concentration of atmos-
pheric CO2 is estimated to have increased by 32 per cent,
from 280 to 370 ppm (Figure 2.5). Half of this increase
has taken place since the mid-1960s; currently, atmos-
pheric CO2 levels are increasing by 1.5 ppmv per 
year. The primary net source is fossil fuel combustion,
now accounting for 6.55 � 1012 kg C/year. Tropical
deforestation and fires may contribute a further 2 � 1012

kg C/year; the figure is still uncertain. Fires destroy 
only above-ground biomass, and a large fraction of the
carbon is stored as charcoal in the soil. The consump-
tion of fossil fuels should actually have produced 
an increase almost twice as great as is observed. Uptake
and dissolution in the oceans and the terrestrial bio-
sphere account primarily for the difference.

Carbon dioxide has a significant impact on global
temperature through its absorption and re-emission 
of radiation from the earth and atmosphere (see Chapter
3C). Calculations suggest that the increase from 
320 ppm in the 1960s to 370 ppm (AD 2001) raised the

mean surface air temperature by 0.5°C (in the absence
of other factors).

Research on deep ice cores taken from Antarctica
has allowed changes in past atmospheric composition to
be calculated by extracting air bubbles trapped in the
old ice. This shows large natural variations in CO2

concentration over the ice age cycles (Figure 2.6). These
variations of up to 100 ppm were contemporaneous with
temperature changes that are estimated to be about
10°C. These long-term variations in carbon dioxide and
climate are discussed further in Chapter 13.

Methane (CH4) concentration (1750 ppbv) is more
than double the pre-industrial level (750 ppbv). It
increased by about 4 to 5 ppbv annually in the 1990s
but this dropped to zero in 1999 to 2000 (Figure 2.7).
Methane has an atmospheric lifetime of about nine years
and is responsible for some 18 per cent of the green-
house effect. Cattle populations have increased by 5 per
cent per year over thirty years and paddy rice area by 
7 per cent per year, although it is uncertain whether 
these account quantitatively for the annual increase 
of 120 ppbv in methane over the past decade. Table 2.4,
showing the mean annual release and consumption,
indicates the uncertainties in our knowledge of its
sources and sinks.

Nitrous oxide (N2O), which is relatively inert, orig-
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Figure 2.5 Estimated carbon dioxide concentration: since 1800 from air bubbles in an Antarctic ice core, early measurements from
1860 to 1960; observations at Mauna Loa, Hawaii, since 1957; and projected trends for this century.

Source: After Keeling, Callendar, Machta, Broecker and others.
Note: (A) and (B) indicate different scenarios of global fossil fuel use (IPCC, 2001).



inates primarily from microbial activity (nitrification)
in soils and in the oceans (4 to 8 � 109 kg N/year), with
about 1.0 � 109 kg N/year from industrial processes.
Other major anthropogenic sources are nitrogen fertil-
izers and biomass burning. The concentration of N2O
has increased from a pre-industrial level of about 285
ppbv to 316 ppbv (in clean air). Its increase began
around 1940 and is now about 0.8 ppbv per year (Figure

2.8A). The major sink of N2O is in the stratosphere,
where it is oxidized into NO

x
.

Chlorofluorocarbons (CF2Cl2 and CFCl3), better
known as ‘freons’ CFC-11 and CFC-12, respectively,
were first produced in the 1930s and now have a total
atmospheric burden of 1010 kg. They increased at 4 to 5
per cent per year up to 1990, but CFC-11 is declining
slowly and CFC-12 is nearly static as a result of the
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Figure 2.7 Methane concentration (parts
per million by volume) in air bubbles
trapped in ice dating back to 1000 years BP

obtained from ice cores in Greenland and
Antarctica and the global average for AD

2000 (X).

Source: Data from Rasmussen and Khalil, 
Craig and Chou, and Robbins; adapted from
Bolin et al. (eds) The Greenhouse Effect,
Climatic Change, and Ecosystems (SCOPE 29).
Copyright ©1986. Reprinted by permission
of John Wiley & Sons, Inc.
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Table 2.4 Mean annual release and consumption of 
CH4 (Tg).

Mean Range

A Release

Natural wetlands 115 100–200
Rice paddies 110 25–170
Enteric fermentation 80 65–110

(mammals)
Gas drilling 45 25–50
Biomass burning 40 20–80
Termites 40 10–100
Landfills 40 20–70
Total c. 530

B Consumption

Soils 30 15–30
Reaction with OH 500 400–600
Total c. 530

Source: Tetlow-Smith 1995.



Montreal Protocol agreements to curtail production and
use substitutes (see Figure 2.8B). Although their con-
centration is <1 ppbv, CFCs account for nearly 10 per
cent of the greenhouse effect. They have a residence
time of 55 to 130 years in the atmosphere. However,
while the replacement of CFCs by hydrohalocarbons
(HCFCs) can reduce significantly the depletion of
stratospheric ozone, HCFCs still have a large green-
house potential.

Ozone (O3) is distributed very unevenly with height
and latitude (see Figure 2.3) as a result of the complex
photochemistry involved in its production (A.2, this
chapter). Since the late 1970s, dramatic declines in
springtime total ozone have been detected over high
southern latitudes. The normal increase in stratospheric
ozone associated with increasing solar radiation in
spring apparently failed to develop. Observations in
Antarctica show a decrease in total ozone in September
to October from 320 Dobson units (DU) (10–3 cm at
standard atmospheric temperature and pressure) in the
1960s to around 100 in the 1990s. Satellite measure-
ments of stratospheric ozone (Figure 2.9) illustrate 
the presence of an ‘ozone hole’ over the south polar
region (see Box 2.2). Similar reductions are also evident
in the Arctic and at lower latitudes. Between 1979 
and 1986, there was a 30 per cent decrease in ozone at
30 to 40-km altitude between latitudes 20 and 50°N 
and S (Figure 2.10); along with this there has been 
an increase in ozone in the lowest 10 km as a result of
anthropogenic activities. Tropospheric ozone represents
about 34 DU compared with 25 pre-industrially. These
changes in the vertical distribution of ozone concen-
tration are likely to lead to changes in atmospheric heat-
ing (Chapter 2C), with implications for future climate
trends (see Chapter 13). The global mean column total
decreased from 306 DU for 1964 to 1980 to 297 for
1984 to 1993 (see Figure 2.3). The decline over the past
twenty-five years has exceeded 7 per cent in middle and
high latitudes.

The effects of reduced stratospheric ozone are partic-
ularly important for their potential biological damage
to living cells and human skin. It is estimated that a 1 per
cent reduction in total ozone will increase ultraviolet-B
radiation by 2 per cent, for example, and ultraviolet 
radiation at 0.30 µm is a thousand times more damag-
ing to the skin than at 0.33 µm (see Chapter 3A). The
ozone decrease would also be greater in higher latitudes.
However, the mean latitudinal and altitudinal gradients
of radiation imply that the effects of a 2 per cent UV-B

increase in mid-latitudes could be offset by moving
poleward 60 km or 100 m lower in altitude! Recent polar
observations suggest dramatic changes. Stratospheric
ozone totals in the 1990s over Palmer Station,
Antarctica (65°S), now maintain low levels from
September until early December, instead of recovering
in November. Hence, the altitude of the sun has been
higher and the incoming radiation much greater than in
previous years, especially at wavelengths ≤0.30 µm.
However, the possible effects of increased UV radiation
on biota remain to be determined.

Aerosol loading may change due to natural and
human-induced processes. Atmospheric particle con-
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Figure 2.8 Concentration of: (A) nitrous oxide, N2O (left scale),
which has increased since the mid-eighteenth century and
especially since 1950; and of (B) CFC-11 since 1950 (right scale).
Both in parts per billion by volume (ppbv).

Source: After Houghton et al. (1990 and 2001).
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Figure 2.9 Total ozone measurements from ozonesondes over
South Pole for 1967 to 1971, 1989, and 2001, showing deep-
ening of the Antarctic ozone hole.

Source: Based on Climate Monitoring and Diagnostics Laboratory,
NOAA.



centration derived from volcanic dust is extremely
irregular (see Figure 2.11), but individual volcanic emis-
sions are rapidly diffused geographically. As shown in
Figure 2.12, a strong westerly wind circulation carried
the El Chichón dust cloud at an average velocity of 

20 m s–1 so that it encircled the globe in less than 
three weeks. The spread of the Krakatoa dust in 1883
was more rapid and extensive due to the greater amount
of fine dust that was blasted into the stratosphere. 
In June 1991, the eruption of Mount Pinatubo in the
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Figure 2.11 Record of volcanic eruptions in the GISP 2 ice core and calibrated visible optical depth for AD 1300 to 2000, together
with the names of major volcanic eruptions. Note that the record reflects eruptions in the northern hemisphere and equatorial region
only; optical depth estimates depend on the latitude and the technique used for calibration.
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Philippines injected twenty megatons of SO2 into 
the stratosphere. However, only about twelve eruptions
have produced measurable dust veils in the past 120
years. They occurred mainly between 1883 and 1912,
and 1982 and 1992. In contrast, the contribution of man-
made particles (particularly sulphates and soil) has been 
progressively increasing, and now accounts for about
30 per cent of the total.

The overall effect of aerosols on the lower atmos-
phere is uncertain; urban pollutants generally warm the
atmosphere through absorption and reduce solar radia-
tion reaching the surface (see Chapter 3C). Aerosols
may lower the planetary albedo above a high-albedo
desert or snow surface but increase it over an ocean
surface. Thus the global role of tropospheric aerosols is
difficult to evaluate, although many authorities now
consider it to be one of cooling. Volcanic eruptions,
which inject dust and sulphur dioxide high into the
stratosphere, are known to cause a small deficit in
surface heating with a global effect of –0.1° to –0.2°C,
but the effect is short-lived, lasting only a year or so
after the event (see Box 13.3). In addition, unless the
eruption is in low latitudes, the dust and sulphate
aerosols remain in one hemisphere and do not cross 
the equator.

B MASS OF THE ATMOSPHERE

Atmospheric gases obey a few simple laws in response
to changes in pressure and temperature. The first,
Boyle’s Law, states that, at a constant temperature, the
volume (V) of a mass of gas varies inversely as its
pressure (P), i.e.

k1

P = ––
V

(k1 is a constant). The second, Charles’s Law, states 
that, at a constant pressure, volume varies directly with
absolute temperature (T) measured in degrees Kelvin
(see Note 2):

V = k2T

These laws imply that the three qualities of pressure,
temperature and volume are completely interdependent,
such that any change in one of them will cause a
compensating change to occur in one, or both, of the

remainder. The gas laws may be combined to give the
following relationship:

PV = RmT

where m = mass of air, and R = a gas constant for dry air
(287 J kg–1 K–1) (see Note 3). If m and T are held fixed,
we obtain Boyle’s Law; if m and P are held fixed, we
obtain Charles’s Law. Since it is convenient to use
density, ρ (= mass/volume), rather than volume when
studying the atmosphere, we can rewrite the equation
in the form known as the equation of state:

P = RρT

Thus, at any given pressure, an increase in temperature
causes a decrease in density, and vice versa.

1 Total pressure

Air is highly compressible, such that its lower layers 
are much more dense than those above. Fifty per cent 
of the total mass of air is found below 5 km (see Figure
2.13), and the average density decreases from about 
1.2 kg m–3 at the surface to 0.7 kg m–3 at 5000 m
(approximately 16,000 ft), close to the extreme limit of
human habitation.

Pressure is measured as a force per unit area. A force
of 105 newtons acting on 1 m2 corresponds to the Pascal
(Pa) which is the Système International (SI) unit of
pressure. Meteorologists still commonly use the millibar
(mb) unit; 1 millibar = 102 Pa (or 1 hPa; h = hecto) 
(see Appendix 2). Pressure readings are made with a
mercury barometer, which in effect measures the height
of the column of mercury that the atmosphere is able to
support in a vertical glass tube. The closed upper end of
the tube has a vacuum space and its open lower end is
immersed in a cistern of mercury. By exerting pressure
downward on the surface of mercury in the cistern, the
atmosphere is able to support a mercury column in 
the tube of about 760 mm (29.9 in or approximately
1013 mb). The weight of air on a surface at sea-level is
about 10,000 kg per square metre.

Pressures are standardized in three ways. The
readings from a mercury barometer are adjusted to
correspond to those for a standard temperature of 0°C
(to allow for the thermal expansion of mercury); they are
referred to a standard gravity value of 9.81 ms–2 at 45°
latitude (to allow for the slight latitudinal variation in g
from 9.78 ms–2 at the equator to 9.83 ms–2 at the poles);
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and they are calculated for mean sea-level to eliminate
the effect of station elevation. This third correction is 
the most significant, because near sea-level pressure
decreases with height by about 1 mb per 8 m. A fictitious
temperature between the station and sea-level has 
to be assumed and in mountain areas this commonly
causes bias in the calculated mean sea-level pressure
(see Note 4).

The mean sea-level pressure (p
0
) can be estimated

from the total mass of the atmosphere (M, the mean
acceleration due to gravity (g

0
) and the mean earth

radius (R):

P
0

= g
0

(M/4 π R
E

2)

where the denominator is the surface area of a spheri-
cal earth. Substituting appropriate values into this

expression (M = 5.14 � 1018 kg, g
0
= 9.8 ms–2, RE = 6.36

� 106 m), we find p
0

= 105 kg ms–2 = 105 Nm–2, or 105

Pa. Hence the mean sea-level pressure is approxi-
mately 105 Pa or 1000 mb. The global mean value is
1013.25 mb. On average, nitrogen contributes about 
760 mb, oxygen 240 mb and water vapour 10 mb. In
other words, each gas exerts a partial pressure inde-
pendent of the others.

Atmospheric pressure, depending as it does on the
weight of the overlying atmosphere, decreases logarith-
mically with height. This relationship is expressed by
the hydrostatic equation:

∂p

–– = –gρ
∂z
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Figure 2.12 The spread of volcanic material in the atmosphere following major eruptions. (A) Approximate distributions of observed
optical sky phenomena associated with the spread of Krakatoa volcanic dust between the eruption of 26 August and 30 November
1883. (B) The spread of the volcanic dust cloud following the main eruption of the El Chichón volcano in Mexico on 3 April 1982.
Distributions on 5, 15 and 25 April are shown.

Sources: Russell and Archibald (1888), Simkin and Fiske (1983), Rampino and Self (1984), Robock and Matson (1983). (A) by permission of the
Smithsonian Institution; (B) by permission of Scientific American Inc.



i.e. the rate of change of pressure (p) with height (z) is
dependent on gravity (g) multiplied by the air density
(ρ). With increasing height, the drop in air density
causes a decline in this rate of pressure decrease. The
temperature of the air also affects this rate, which is
greater for cold dense air (see Chapter 7A.1). The rela-
tionship between pressure and height is so significant
that meteorologists often express elevations in millibars:
1000 mb represents sea-level, 500 mb about 5500 m 
and 300 mb about 9000 m. A conversion nomogram 
for an idealized (standard) atmosphere is given in
Appendix 2.

2 Vapour pressure

At any given temperature there is a limit to the density
of water vapour in the air, with a consequent upper limit
to the vapour pressure, termed the saturation vapour

pressure (e
s
). Figure 2.14A illustrates how e

s
increases

with temperature (the Clausius–Clapeyron relation-
ship), reaching a maximum of 1013 mb (1 atmosphere)
at boiling-point. Attempts to introduce more vapour 
into the air when the vapour pressure is at saturation 
produce condensation of an equivalent amount of
vapour. Figure 2.14B shows that whereas the saturation
vapour pressure has a single value at any temperature
above freezing-point, below 0°C the saturation vapour
pressure above an ice surface is lower than that above a

supercooled water surface. The significance of this will
be discussed in Chapter 5D.1.

Vapour pressure (e) varies with latitude and season
from about 0.2 mb over northern Siberia in January to
over 30 mb in the tropics in July, but this is not reflected
in the pattern of surface pressure. Pressure decreases at
the surface when some of the overlying air is displaced
horizontally, and in fact the air in high-pressure areas is
generally dry owing to dynamic factors, particularly
vertical air motion (see Chapter 7A.1), whereas air in
low-pressure areas is usually moist.
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Figure 2.13 The percentage of the total mass of the atmosphere
lying below elevations up to 80 km (50 miles). This illustrates the
shallow character of the earth’s atmosphere.

Figure 2.14 Plots of saturation vapour pressure as a function of
temperature (i.e. the dew-point curve). (A) The semi-logarithmic
plot. (B) shows that below 0°C the atmospheric saturation vapour
pressure is less with respect to an ice surface than with respect 
to a water drop. Thus condensation may take place on an ice
crystal at lower air humidity than is necessary for the growth of
water drops.



C THE LAYERING OF THE ATMOSPHERE

The atmosphere can be divided conveniently into a
number of rather well-marked horizontal layers, mainly
on the basis of temperature (Figure 2.15). The evidence
for this structure comes from regular rawinsonde (radar
wind-sounding) balloons, radio wave investigations,
and, more recently, from rocket flights and satellite
sounding systems. There are three relatively warm
layers (near the surface; between 50 and 60 km; and
above about 120 km) separated by two relatively cold
layers (between 10 and 30 km; and 80 and 100 km).
Mean January and July temperature sections illustrate
the considerable latitudinal variations and seasonal
trends that complicate the scheme (see Figure 2.16).

1 Troposphere

The lowest layer of the atmosphere is called the
troposphere. It is the zone where weather phenomena
and atmospheric turbulence are most marked, and it
contains 75 per cent of the total molecular or gaseous
mass of the atmosphere and virtually all the water
vapour and aerosols. Throughout this layer, there is a
general decrease of temperature with height at a mean
rate of about 6.5°C/km. The decrease occurs because
air is compressible and its density decreases with 
height, allowing rising air to expand and thereby cool.
In addition, turbulent heat transfer from the surface
mainly heats the atmosphere, not direct absorption of
radiation. The troposphere is capped in most places by
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Figure 2.15 The generalized vertical
distribution of temperature and pressure
up to about 110 km. Note particularly the
tropopause and the zone of maximum
ozone concentration with the warm 
layer above. The typical altitudes of polar
stratospheric and noctilucent clouds are
indicated.

Source: After NASA (n.d.). Courtesy of NASA.



a temperature inversion level (i.e. a layer of relatively
warm air above a colder layer) and in others by a zone
that is isothermal with height. The troposphere thus
remains to a large extent self-contained, because the
inversion acts as a ‘lid’ that effectively limits convection
(see Chapter 4E). This inversion level or weather ceiling
is called the tropopause (see Note 5 and Box 2.2). Its
height is not constant in either space or time. It seems
that the height of the tropopause at any point is
correlated with sea-level temperature and pressure,
which are in turn related to the factors of latitude, season
and daily changes in surface pressure. There are marked
variations in the altitude of the tropopause with latitude
(Figure 2.16), from about 16 km at the equator, where
there is strong heating and vertical convective turbu-
lence, to only 8 km at the poles.

The equator–pole (meridional) temperature gradi-
ents in the troposphere in summer and winter are
roughly parallel, as are the tropopauses (see Figure
2.16), and the strong lower mid-latitude temperature
gradient in the troposphere is reflected in the tropopause
breaks (see also Figure 7.8). In these zones, important
interchange can occur between the troposphere and
stratosphere, and vice versa. Traces of water vapour 
can penetrate into the stratosphere by this means, while
dry, ozone-rich stratospheric air may be brought down
into the mid-latitude troposphere. Thus above-average
concentrations of ozone are observed in the rear of mid-
latitude low-pressure systems where the tropopause
elevation tends to be low. Both facts are probably 
the result of stratospheric subsidence, which warms 
the lower stratosphere and causes downward transfer 
of the ozone.
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Figure 2.16 Mean zonal (westerly)
winds (solid isolines, in knots; negative
values from the east) and temperatures
(in °C, dashed isolines), showing the
broken tropopause near the mean
Ferrel jet stream.

Source: After Boville (from Hare 1962).
Notes: The term ‘Ferrel Westerlies’ was
proposed by F. K. Hare in honour of 
W. Ferrel (see p. 139). The heavy black
lines denote reversals of the vertical
temperature gradient of the tropopause
and stratopause. Summer and winter
refer to the northern hemisphere.



2 Stratosphere

The stratosphere extends upward from the tropopause to
about 50 km and accounts for about 10 per cent of the
atmospheric mass. Although the stratosphere contains
much of the total atmospheric ozone (it reaches a peak
density at approximately 22 km), maximum temper-
atures associated with the absorption of the sun’s
ultraviolet radiation by ozone occur at the stratopause,
where they may exceed 0°C (see Figure 2.15). The air
density is much lower here, so even limited absorption
produces a high temperature rise. Temperatures increase
fairly generally with height in summer, with the coldest
air at the equatorial tropopause. In winter, the structure
is more complex with very low temperatures, averaging
–80°C, at the equatorial tropopause, which is highest 
at this season. Similar low temperatures are found 
in the middle stratosphere at high latitudes, whereas
over 50–60°N there is a marked warm region with
nearly isothermal conditions at about –45 to –50°C. 
In the circumpolar low-pressure vortex over both 
polar regions, polar stratospheric clouds (PSCs) are
sometimes present at 20 to 30 km altitude. These 
have a nacreous (‘mother-of-pearl’) appearance. They
can absorb odd nitrogen and thereby cause catalytic
destruction of ozone.

Marked seasonal changes of temperature affect 
the stratosphere. The cold ‘polar night’ winter stratos-
phere in the Arctic often undergoes dramatic sudden

warmings associated with subsidence due to circulation
changes in late winter or early spring, when temper-

atures at about 25 km may jump from –80 to –40°C 
over a two-day period. The autumn cooling is a more
gradual process. In the tropical stratosphere, there is 
a quasi-biennial (twenty-six-month) wind regime, with
easterlies in the layer 18 to 30 km for twelve to thirteen
months, followed by westerlies for a similar period. The
reversal begins first at high levels and takes approxi-
mately twelve months to descend from 30 to 18 km 
(10 to 60 mb).

How far events in the stratosphere are linked with
temperature and circulation changes in the troposphere
remains a topic of meteorological research. Any such
interactions are undoubtedly complex.

3 Mesosphere

Above the stratopause, average temperatures decrease
to a minimum of about –133°C (140 K) or around 
90 km (Figure 2.15). This layer is commonly termed 
the mesosphere, although as yet there is no universal
terminology for the upper atmospheric layers. Pressure
is very low in the mesosphere, decreasing from about 
1 mb at 50 km to 0.01 mb at 90 km. Above 80 km,
temperatures again begin rising with height and this
inversion is referred to as the mesopause. Molecular
oxygen and ozone absorption bands contribute to heating
around 85 km altitude. It is in this region that noctilucent

clouds are observed on summer ‘nights’ over high lati-
tudes. Their presence appears to be due to meteoric dust
particles, which act as ice crystal nuclei when traces 

27

ATMOSPHERIC COMPOSITION

DISCOVERY OF THE TROPOPAUSE AND 
STRATOSPHERE

Early scientific exploration of the upper atmosphere began with manned balloon flights in the mid-nineteenth 
century. Notable among these was the ascent by J. Glaisher and H. T. Coxwell in 1862. Glaisher last consciousness 
due to lack of oxygen at about 8800-m altitude and they barely survived the hypoxia. In 1902 L. Teisserenc de Bort in
France reported a totally unexpected finding: that temperatures ceased decreasing at altitudes of around 12 km. Indeed,
at higher elevations temperatures were commonly observed to begin increasing with altitude. This mean structure is
shown in Figure 2.15.

The terms troposphere (turbulent sphere) and stratosphere (stratified sphere) were proposed by Teisserenc de Bort
in 1908; the use of tropopause to denote the inversion or isothermal layer separating them was introduced in Great Britain
during the First World War. The distinctive features of the stratosphere are its stability compared with the troposphere,
its dryness, and its high concentration of ozone.

box 2.2

significant 
20th-c. advance



of water vapour are carried upward by high-level
convection caused by the vertical decrease of tempera-
ture in the mesosphere. However, their formation may
also be related to the production of water vapour through 
the oxidation of atmospheric methane, since apparently 
they were not observed prior to the Industrial Revolu-
tion. The layers between the tropopause and the lower
thermosphere are commonly referred to as the middle

atmosphere, with the upper atmosphere designating the
regions above about 100 km altitude.

4 Thermosphere

Atmospheric densities are extremely low above the
mesopause, although the tenuous atmosphere still
effects drag on space vehicles above 250 km. The lower
portion of the thermosphere is composed mainly of
nitrogen (N2) and oxygen in molecular (O2) and atomic
(O) forms, whereas above 200 km atomic oxygen pre-
dominates over nitrogen (N2 and N). Temperatures 
rise with height, owing to the absorption of extreme
ultraviolet radiation (0.125 to 0.205 µm) by molecular
and atomic oxygen, probably approaching 800 to 1200
K at 350 km, but these temperatures are essentially
theoretical. For example, artificial satellites do not
acquire such temperatures because of the rarefied air.
‘Temperatures’ in the upper thermosphere and exos-
phere undergo wide diurnal and seasonal variations.
They are higher by day and are also higher during a
sunspot maximum, although the changes are only repre-
sented in varying velocities of the sparse air molecules.

Above 100 km, cosmic radiation, solar X-rays and
ultraviolet radiation increasingly affect the atmosphere,
which cause ionization, or electrical charging, by sepa-
rating negatively charged electrons from neutral oxygen
atoms and nitrogen molecules, leaving the atom or
molecule with a net positive charge (an ion). The term
ionosphere is commonly applied to the layers above 
80 km. The Aurora Borealis and Aurora Australis are
produced by the penetration of ionizing particles
through the atmosphere from about 300 km to 80 km,
particularly in zones about 10 to 20° latitude from the
earth’s magnetic poles. On occasion, however, aurora
may appear at heights up to 1000 km, demonstrating the
immense extension of a rarefied atmosphere. 

5 Exosphere and magnetosphere

The base of the exosphere is between about 500 km and
750 km. Here atoms of oxygen, hydrogen and helium
(about 1 per cent of which are ionized) form the tenuous
atmosphere, and the gas laws (see B, this chapter) 
cease to be valid. Neutral helium and hydrogen atoms,
which have low atomic weights, can escape into space
since the chance of molecular collisions deflecting 
them downward becomes less with increasing height.
Hydrogen is replaced by the breakdown of water vapour
and methane (CH4) near the mesopause, while helium
is produced by the action of cosmic radiation on
nitrogen and from the slow but steady breakdown of
radioactive elements in the earth’s crust.

Ionized particles increase in frequency through the
exosphere and, beyond about 200 km, in the magneto-
sphere there are only electrons (negative) and protons
(positive) derived from the solar wind – which is a
plasma of electrically conducting gas.
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SUMMARY

The atmosphere is a mixture of gases with constant
proportions up to 80 km or more. The exceptions are
ozone, which is concentrated in the lower strato-
sphere, and water vapour in the lower troposphere.
The principal greenhouse gas is water vapour. Carbon
dioxide, methane and other trace gases have increased
since the Industrial Revolution, especially in the
twentieth century due to the combustion of fossil fuels,
industrial processes and other anthropogenic effects,
but larger natural fluctuations occurred during the
geologic past.

Reactive gases include nitrogen and sulphur and
chlorine species. These play important roles in acid
precipitation and ozone destruction. Acid precipitation
(by wet or dry deposition) results from the reaction 
of cloud droplets with emissions of SO2 and NO

x
.

There are large geographical variations in acid
deposition. The processes leading to destruction 
of stratospheric ozone are complex, but the roles of
nitrogen oxides and chlorine radicals are very important
in causing polar ozone holes. Aerosols in the atmos-
phere originate from natural and anthropogenic
sources and they play an important but complex role
in climate.



DISCUSSION TOPICS

� What properties distinguish the different layers of

the atmosphere? 

� What differences would exist in a dry atmosphere

compared with the real atmosphere?

� What role is played by water vapour, ozone, carbon

dioxide, methane and CFCs in the radiation balance

of the atmosphere? 

� Given the strong pressure gradient upward from the

surface, why is there no large-scale upward flow of

air?
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value of 1013 mb. The vertical structure of the atmos-
phere comprises three relatively warm layers – the
lower troposphere, the stratopause and the upper
thermosphere – separated by a cold layer above 
the tropopause (in the lower stratosphere), and the
mesopause. The temperature profile is determined by
atmospheric absorption of solar radiation, and the
decrease of density with height.
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This chapter describes how radiation from the sun 
enters the atmosphere and reaches the surface. The
effects on solar radiation of absorbing gases and 
the scattering effects of aerosols are examined. Then
terrestrial long-wave (infra-red) radiation is discussed in
order to explain the radiation balance. At the surface,
an energy balance exists due to the additional transfers
of sensible and latent heat to the atmosphere. The effects
of heating on surface temperature characteristics are
then presented.

A SOLAR RADIATION

The source of the energy injected into our atmosphere
is the sun, which is continually shedding part of its mass
by radiating waves of electromagnetic energy and high-
energy particles into space. This constant emission
represents all the energy available to the earth (except
for a small amount emanating from the radioactive
decay of earth minerals). The amount of energy received

at the top of the atmosphere is affected by four factors:
solar output, the sun–earth distance, the altitude of the
sun, and day length.

1 Solar output

Solar energy originates from nuclear reactions within
the sun’s hot core (16 � 106 K), and is transmitted to the
sun’s surface by radiation and hydrogen convection.
Visible solar radiation (light) comes from a ‘cool’
(~6000 K) outer surface layer called the photosphere.
Temperatures rise again in the outer chromosphere
(10,000 K) and corona (106 K), which is continually
expanding into space. The outflowing hot gases
(plasma) from the sun, referred to as the solar wind

(with a speed of 1.5 � 106 km hr–1), interact with the
earth’s magnetic field and upper atmosphere. The earth
intercepts both the normal electromagnetic radiation and
energetic particles emitted during solar flares.

The sun behaves virtually as a black body; i.e. it
absorbs all energy received and in turn radiates energy
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3
Solar radiation and the global 
energy budget

Learning objectives
When you have read this chapter you will:

� Know the characteristics of solar radiation and the electromagnetic spectrum,

� Know the effects of the atmosphere on solar and terrestrial radiation,

� Understand the cause of the atmospheric greenhouse effect,

� Understand the earth’s heat budget and the importance of horizontal transfers of energy as sensible and

latent heat.



at the maximum rate possible for a given temperature.
The energy emitted at a particular wavelength by a
perfect radiator of given temperature is described by 
a relationship due to Max Planck. The black-body
curves in Figure 3.1 illustrate this relationship. The area
under each curve gives the total energy emitted by 
a black body (F); its value is found by integration of
Planck’s equation, known as Stefan’s Law:

F = σT 4

where σ = 5.67 � 10–8 W m–2 K–4 (the Stefan–Boltzmann
constant), i.e. the energy emitted is proportional to the
fourth power of the absolute temperature of the body (T).

The total solar output to space, assuming a temper-
ature of 5760 K for the sun, is 3.84 � 1026W, but only
a tiny fraction of this is intercepted by the earth, because

the energy received is inversely proportional to the
square of the solar distance (150 million km). The
energy received at the top of the atmosphere on a surface
perpendicular to the solar beam for mean solar distance
is termed the solar constant (see Note 1). Satellite
measurements since 1980 indicate a value of about 
1366 W m –2, with an absolute uncertainty of about 
�2 W m –2. Figure 3.1 shows the wavelength range of
solar (short-wave) radiation and the infra-red (long-
wave) radiation emitted by the earth and atmosphere.
For solar radiation, about 7 per cent is ultraviolet 
(0.2-0.4 µm), 41 per cent visible light (0.4–0.7 µm) 
and 52 per cent near-infra-red (>0.7 µm); (1 µm = 
1 micrometre = 10–6 m). The figure illustrates the 
black-body radiation curves for 6000 K at the top of 
the atmosphere (which slightly exceeds the observed
extraterrestrial radiation), for 300 K, and for 263 K. The
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mean temperature of the earth’s surface is about 288 K
(15°C) and of the atmosphere about 250 K (–23°C).
Gases do not behave as black bodies, and Figure 3.1
shows the absorption bands in the atmosphere, which
cause its emission to be much less than that from an
equivalent black body. The wavelength of maximum
emission (λmax) varies inversely with the absolute
temperature of the radiating body:

2897
λmax = ––—— 10–6 m (Wien’s Law)

T

Thus solar radiation is very intense and is mainly short-
wave between about 0.2 and 4.0 µm, with a maximum
(per unit wavelength) at 0.5 µm because T ~ 6000 K.
The much weaker terrestrial radiation with T ≈ 280 K
has a peak intensity at about 10 µm and a range from
about 4 to 100 µm.

The solar constant undergoes small periodic vari-
ations of just over 1 Wm–2 related to sunspot activity.
Sunspot number and positions change in a regular
manner, known as sunspot cycles. Satellite measure-
ments during the latest cycle show a small decrease 
in solar output as sunspot number approached its
minimum, and a subsequent recovery. Sunspots are dark
(i.e. cooler) areas visible on the sun’s surface. Although
sunspots are cool, bright areas of activity known as
faculae (or plages), that have higher temperatures,
surround them. The net effect is for solar output to 
vary in parallel with the number of sunspots. Thus the
solar ‘irradiance’ decreases by about 1.1 Wm–2 from
sunspot maximum to minimum. Sunspot cycles have
wavelengths averaging 11 years (the Schwabe cycle,
varying between 8 and 13 years), the 22-year (Hale)
magnetic cycle, much less importantly 37.2 years 
(18.6 years – the luni–solar oscillation), and 88 years
(Gleissberg). Figure 3.2 shows the estimated variation
of sunspot activity since 1610. Between the thirteenth
and eighteenth centuries sunspot activity was generally
low, except during AD 1350–1400 and 1600–1645.
Output within the ultraviolet part of the spectrum shows
considerable variability, with up to twenty times more
ultraviolet radiation emitted at certain wavelengths
during a sunspot maximum than a minimum.

How to translate sunspot activity into solar radiation
and terrestrial temperatures is a matter of some dispute.
It has been suggested that the sun is more active when
the sunspot cycle length is short, but this is disputed.

However, anomalies of temperature over northern
hemisphere land areas do correlate inversely with cycle
length between 1860 and 1985. Prolonged time-spans 
of sunspot minima (e.g. AD 1645–1715, the Maunder
Minimum) and maxima (e.g. 1895–1940 and post-1970)
produce measurable global cooling and warming,
respectively. Solar radiation may have been reduced 
by 0.25 per cent during the Maunder Minimum. It is
suggested that almost three-quarters of the variations 
in global temperature between 1610 and 1800 were
attributable to fluctuations in solar radiation and during
the twentieth century there is evidence for a modest
contribution from solar forcing. Shorter term relation-
ships are more difficult to support, but mean annual
temperatures have been correlated with the combined
10 to 11 and 18.6-year solar cycles. Assuming that 
the earth behaves as a black body, a persistent anomaly
of 1 per cent in the solar constant could change the
effective mean temperature of the earth’s surface by 
as much as 0.6°C. However, the observed fluctuations
of about 0.1 per cent would change the mean global
temperature by ≤0.06°C (based on calculations of
radiative equilibrium).

2 Distance from the sun

The annually changing distance of the earth from the
sun produces seasonal variations in solar energy
received by the earth. Owing to the eccentricity of the
earth’s orbit around the sun, the receipt of solar energy
on a surface normal to the beam is 7 per cent more on 
3 January at the perihelion than on 4 July at the aphelion
(Figure 3.3). In theory (that is, discounting the inter-
position of the atmosphere and the difference in degree
of conductivity between large land and sea masses), this
difference should produce an increase in the effective
January world surface temperatures of about 4°C over
those of July. It should also make northern winters
warmer than those in the southern hemisphere, and
southern summers warmer than those in the northern
hemisphere. In practice, atmospheric heat circulation
and the effects of continentality mask this global
tendency, and the actual seasonal contrast between 
the hemispheres is reversed. Moreover, the northern
summer half-year (21 March to 22 September) is five
days longer than the austral summer (22 September 
to 21 March). This difference slowly changes; about
10,000 years ago the aphelion occurred in the northern
hemisphere winter, and northern summers received 3 to
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Figure 3.2 Yearly sunspot numbers for the sun’s visible surface for the period 1700 to 2000.

Sources: Reproduced by courtesy of the National Geophysical Data Center, NOAA, Boulder, CO. Data before AD 1700 courtesy of Foukal
(1990) and Scientific American.



4 per cent more radiation than today (Figure 3.3B). 
This same pattern will return about 10,000 years from
now.

Figure 3.4 graphically illustrates the seasonal varia-
tions of energy receipt with latitude. Actual amounts 
of radiation received on a horizontal surface outside 
the atmosphere are given in Table 3.1. The intensity on
a horizontal surface (I

h
) is determined from:

I
h

= I0 sin d

where I0 = the solar constant and d = the angle between
the surface and the solar beam.

3 Altitude of the sun

The altitude of the sun (i.e. the angle between its rays
and a tangent to the earth’s surface at the point of
observation) also affects the amount of solar radiation
received at the surface of the earth. The greater the sun’s
altitude, the more concentrated is the radiation intensity
per unit area at the earth’s surface and the shorter is the
path length of the beam through the atmosphere, which
decreases the atmospheric absorption. There are, in
addition, important variations with solar altitude of the
proportion of radiation reflected by the surface,
particularly in the case of a water surface (see B.5, this
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Figure 3.3 Perihelion shifts. (A) The present timing of perihelion. (B) The direction of its shift and the situation at 11,000 years BP. 
(C) The geometry of the present seasons (northern hemisphere).

Source: Partly after Strahler (1965).



chapter). The principal factors that determine the sun’s
altitude are, of course, the latitude of the site, the time
of day and the season (see Figure 3.3). At the June sol-
stice, the sun’s altitude is a constant 231⁄2° throughout
the day at the North Pole and the sun is directly overhead
at noon at the Tropic of Cancer (231⁄2°N).

4 Length of day

The length of daylight also affects the amount of
radiation that is received. Obviously, the longer the time
the sun shines the greater is the quantity of radiation 
that a given portion of the earth will receive. At the
equator, for example, the day length is close to 12 hours
in all months, whereas at the poles it varies between 
0 and 24 hours from winter (polar night) to summer (see
Figure 3.3).

The combination of all these factors produces 
the pattern of receipt of solar energy at the top of the

atmosphere shown in Figure 3.4. The polar regions
receive their maximum amounts of solar radiation
during their summer solstices, which is the period 
of continuous day. The amount received during the
December solstice in the southern hemisphere is
theoretically greater than that received by the northern
hemisphere during the June solstice, due to the previ-
ously mentioned elliptical path of the earth around the
sun (see Table 3.1). The equator has two radiation
maxima at the equinoxes and two minima at the
solstices, due to the apparent passage of the sun during
its double annual movement between the northern and
southern hemispheres.

B SURFACE RECEIPT OF SOLAR 
RADIATION AND ITS EFFECTS

1 Energy transfer within the 
earth–atmosphere system

So far, we have described the distribution of solar
radiation as if it were all available at the earth’s surface.
This is, of course, unrealistic because of the effect of
the atmosphere on energy transfer. Heat energy can be
transferred by three mechanisms:

1 Radiation: Electromagnetic waves transfer energy
(both heat and light) between two bodies, without
the necessary aid of an intervening material medium,
at a speed of 300 � 106 m s–1 (i.e. the speed of light).
This is so with solar energy through space, whereas
the earth’s atmosphere allows the passage of radi-
ation only at certain wavelengths and restricts that at
others.

Radiation entering the atmosphere may be
absorbed in certain wavelengths by atmospheric
gases but, as shown in Figure 3.1, most short-wave
radiation is transmitted without absorption. Scattering
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Figure 3.4 The variations of solar radiation with latitude and
season for the whole globe, assuming no atmosphere. This
assumption explains the abnormally high amounts of radiation
received at the poles in summer, when daylight lasts for twenty-
four hours each day.

Source: After W. M. Davis.

Table 3.1 Daily solar radiation on a horizontal surface outside the atmosphere: W m–2.

Date 90°N 70 50 30 0 30 50 70 90°S

21 Dec 0 0 86 227 410 507 514 526 559
21 Mar 0 149 280 378 436 378 280 149 0
22 June 524 492 482 474 384 213 80 0 0
23 Sept 0 147 276 373 430 372 276 147 0

Source: After Berger (1996).



occurs if the direction of a photon of radiation is
changed by interaction with atmospheric gases and
aerosols. Two types of scattering are distinguished.
For gas molecules smaller than the radiation wave-
length (λ), Rayleigh scattering occurs in all directions
(i.e. it is isotropic) and is proportional to (1/λ4). As a
result, the scattering of blue light (λ ~ 0.4 µm) is an
order of magnitude (i.e. � 10) greater than that of red
light (λ ~ 0.7 µm), thus creating the daytime blue sky.
However, when water droplets or aerosol particles,
with similar sizes (0.1–0.5 µm radius) to the radiation
wavelength are present, most of the light is scattered
forward. This Mie scattering gives the greyish
appearance of polluted atmospheres.

Within a cloud, or between low clouds and 
a snow-covered surface, radiation undergoes mul-
tiple scattering. In the latter case, the ‘white-out’
conditions typical of polar regions in summer (and
mid-latitude snowstorms) are experienced, when
surface features and the horizon become indistin-
guishable.

2 Conduction: By this mechanism, heat passes through
a substance from a warmer to a colder part through
the transfer of adjacent molecular vibrations. Air 
is a poor conductor so this type of heat transfer is
negligible in the atmosphere, but it is important in
the ground. The thermal conductivity increases 
as the water content of a given soil increases and 
is greater in a frozen soil than in an unfrozen one.

3 Convection: This occurs in fluids (including gases)
that are able to circulate internally and distribute
heated parts of the mass. It is the chief means of
atmospheric heat transfer due to the low viscosity 
of air and its almost continual motion. Forced

convection (mechanical turbulence) occurs when
eddies form in airflow over uneven surfaces. In 
the presence of surface heating, free (thermal)
convection develops.

Convection transfers energy in two forms. The first
is the sensible heat content of the air (called enthalpy by
physicists), which is transferred directly by the rising
and mixing of warmed air. It is defined as c

p
T, where 

T is the temperature and c
p

(= 1004 J kg–1 K–1) is the
specific heat at constant pressure (the heat absorbed 
by unit mass for unit temperature increase). Sensible
heat is also transferred by conduction. The second 
form of energy transfer by convection is indirect,
involving latent heat. Here, there is a phase change but

no temperature change. Whenever water is converted
into water vapour by evaporation (or boiling), heat is
required. This is referred to as the latent heat of vapor-
ization (L). At 0°C, L is 2.50 � 106 J kg–1 of water. More
generally,

L (106 J kg–1) = (2.5 – 0.00235T)

where T is in °C. When water condenses in the
atmosphere (see Chapter 4D), the same amount of latent
heat is given off as is used for evaporation at the same

temperature. Similarly, for melting ice at 0°C, the latent
heat of fusion is required, which is 0.335 � 106 J kg–1.
If ice evaporates without melting, the latent heat of this
sublimation process is 2.83 � 106 J kg–1 at 0°C (i.e. the
sum of the latent heats of melting and vaporization). In
all of these phase changes of water there is an energy
transfer. We discuss other aspects of these processes in
Chapter 4.

2 Effect of the atmosphere

Solar radiation is virtually all in the short-wavelength
range, less than 4 µm (see Figure 3.1). About 18 per cent
of the incoming energy is absorbed directly by ozone
and water vapour. Ozone absorption is concentrated 
in three solar spectral bands (0.20–0.31, 0.31–0.35 
and 0.45–0.85 µm), while water vapour absorbs to a
lesser degree in several bands between 0.9 and 2.1 µm
(see Figure 3.1). Solar wavelengths shorter than 0.285
µm scarcely penetrate below 20 km altitude, whereas
those >0.295 µm reach the surface. Thus the 3 mm
(equivalent) column of stratospheric ozone attenuates
ultraviolet radiation almost entirely, except for a partial
window around 0.20 µm, where radiation reaches the
lower stratosphere. About 30 per cent of incoming solar
radiation is immediately reflected back into space from
the atmosphere, clouds and the earth’s surface, leaving
approximately 70 per cent to heat the earth and its
atmosphere. The surface absorbs almost half of the
incoming energy available at the top of the atmosphere
and re-radiates it outward as long (infra-red) waves 
of greater than 3 µm (see Figure 3.1). Much of this re-
radiated long-wave energy is then absorbed by the water
vapour, carbon dioxide and ozone in the atmosphere,
the rest escaping through atmospheric windows back
into outer space, principally between 8 and 13 µm (see
Figure 3.1). This retention of energy by the atmosphere
is vital to most life forms, since otherwise the average
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temperature of the earth’s surface would fall by some
40°C!

The atmospheric scattering, noted above, gives rise
to diffuse (or sky) radiation and this is sometimes
measured separately from the direct beam radiation. On
average, under cloud-free conditions the ratio of diffuse
to total (or global) solar radiation is about 0.15–0.20 at
the surface. For average cloudiness, the ratio is about
0.5 at the surface, decreasing to around 0.1 at 4 km, as a
result of the decrease in cloud droplets and aerosols with
altitude. During a total solar eclipse, experienced over
much of western Europe in August 1999, the elimination
of direct beam radiation caused diffuse radiation to drop
from 680 W m–2 at 10.30 a.m. to only 14 W m–2 at 11.00
a.m. at Bracknell in southern England.

Figure 3.5 illustrates the relative roles of the
atmosphere, clouds and the earth’s surface in reflecting
and absorbing solar radiation at different latitudes. 
(A more complete analysis of the heat budget of the
earth–atmosphere system is given in D, this chapter.)

3 Effect of cloud cover

Thick and continuous cloud cover forms a significant
barrier to the penetration of radiation. The drop in

surface temperature often experienced on a sunny day
when a cloud temporarily cuts off the direct solar radi-
ation illustrates our reliance upon the sun’s radiant
energy. How much radiation is actually reflected 
by clouds depends on the amount of cloud cover and 
its thickness (Figure 3.6). The proportion of incident
radiation that is reflected is termed the albedo, or reflec-
tion coefficient (expressed as a fraction or percentage).
Cloud type affects the albedo. Aircraft measurements
show that the albedo of a complete overcast ranges 
from 44 to 50 per cent for cirrostratus to 90 per cent for
cumulonimbus. Average albedo values, as determined
by satellites, aircraft and surface measurements, are
summarized in Table 3.2 (see Note 2).

The total (or global) solar radiation received at the
surface on cloudy days is

S = S0 [b � (1 – b) (1 – c)]

where S0 = global solar radiation for clear skies;
c = cloudiness (fraction of sky covered);
b = a coefficient depending on cloud type and

thickness; and the depth of atmosphere
through which the radiation must pass.

For mean monthly values for the United States, b ≈ 0.35,
so that

S ≈ S0 [1 – 0.65c]
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Figure 3.5 The average annual latitudinal disposition of solar
radiation in W m–2. Of 100 per cent radiation entering the top of
the atmosphere, about 20 per cent is reflected back to space by
clouds, 3 per cent by air (plus dust and water vapour), and 8 per
cent by the earth’s surface. Three per cent is absorbed by clouds,
18 per cent by the air, and 48 per cent by the earth.

Source: After Sellers (1965).

Table 3.2 The average (integrated) albedo of various 
surfaces (0.3–0.4 µm).

Planet earth 0.31
Global surface 0.14–0.16
Global cloud 0.23

Cumulonimbus 0.9
Stratocumulus 0.6
Cirrus 0.4–0.5

Fresh snow 0.8–0.9
Melting snow 0.4–0.6
Sand 0.30–0.35
Grass, cereal crops 0.18–0.25
Deciduous forest 0.15–0.18
Coniferous forest 0.09–0.15
Tropical rainforest 0.07–0.15
Water bodies* 0.06–0.10

Note: *Increases sharply at low solar angles.



The effect of cloud cover also operates in reverse, since
it serves to retain much of the heat that would otherwise
be lost from the earth by long-wave radiation throughout
the day and night. In this way, cloud cover lessens
appreciably the daily temperature range by preventing
high maxima by day and low minima by night. As well
as interfering with the transmission of radiation, clouds
act as temporary thermal reservoirs because they absorb
a certain proportion of the energy they intercept. The
modest effects of cloud reflection and absorption of
solar radiation are illustrated in Figures 3.5 to 3.7.

Global cloudiness is not yet known accurately.
Ground-based observations are mostly at land stations
and refer to a small (~ 250 km2) area. Satellite estimates
are derived from the reflected short-wave radiation 
and infra-red irradiance measurements, with various
threshold assumptions for cloud presence/absence;

typically they refer to a grid area of 2500 km2 to 37,500
km2. Surface-based observations tend to be about 10 per
cent greater than satellite estimates due to the observer’s
perspective. Average winter and summer distributions
of total cloud amount from surface observations are
shown in Figure 3.8. The cloudiest areas are the
Southern Ocean and the mid- to high-latitude North
Pacific and North Atlantic storm tracks. Lowest
amounts are over the Saharan–Arabian desert area (see
Plate 1). Total global cloud cover is just over 60 per cent
in January and July.

4 Effect of latitude

As Figure 3.4 has already shown, different parts of 
the earth’s surface receive different amounts of solar
radiation. The time of year is one factor controlling this,
more radiation being received in summer than in winter
because of the higher altitude of the sun and the longer
days. Latitude is a very important control because this
determines the duration of daylight and the distance
travelled through the atmosphere by the oblique rays of
the sun. However, actual calculations show the effect
of the latter to be negligible near the poles, due appar-
ently to the low vapour content of the air limiting
tropospheric absorption. Figure 3.7 shows that in the
upper atmosphere over the North Pole there is a marked
maximum of solar radiation at the June solstice, yet only
about 30 per cent is absorbed at the surface. This may
be compared with the global average of 48 per cent 
of solar radiation being absorbed at the surface. The
explanation lies in the high average cloudiness over the
Arctic in summer and also in the high reflectivity of 
the snow and ice surfaces. This example illustrates the
complexity of the radiation budget and the need to take
into account the interaction of several factors.

A special feature of the latitudinal receipt of radiation
is that the maximum temperatures experienced at the
earth’s surface do not occur at the equator, as one might
expect, but at the tropics. A number of factors need 
to be taken into account. The apparent migration of the
vertical sun is relatively rapid during its passage over 
the equator, but its rate slows down as it reaches the
tropics. Between 6°N and 6°S the sun’s rays remain
almost vertically overhead for only thirty days during
each of the spring and autumn equinoxes, allowing 
little time for any large buildup of surface heat and 
high temperatures. On the other hand, between 17.5°
and 23.5° latitude the sun’s rays shine down almost
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Figure 3.6 Percentage of reflection, absorption and transmission
of solar radiation by cloud layers of different thickness.

Source: From Hewson and Longley (1944). Reprinted with permis-
sion. Copyright © CRC Press, Boca Raton, Florida.

Figure 3.7 The average receipt of solar radiation with latitude at
the top of the atmosphere and at the earth’s surface during the
June solstice.



vertically for eighty-six consecutive days during the
period of the solstice. This longer interval, combined
with the fact that the tropics experience longer days than
at the equator, makes the maximum zones of heating
occur nearer the tropics than the equator. In the northern
hemisphere, this poleward displacement of the zone of
maximum heating is enhanced by the effect of con-

tinentality (see B.5, this chapter), while low cloudiness
associated with the subtropical high-pressure belts is an
additional factor. The clear skies allow large annual
receipts of solar radiation in these areas. The net result
of these influences is shown in Figure 3.9 in terms of 
the average annual solar radiation on a horizontal
surface at ground level, and by Figure 3.10 in terms of
the average daily maximum shade temperatures. Over

land, the highest values occur at about 23°N and
10–15°S. Hence the mean annual thermal equator (i.e.
the zone of maximum temperature) is located at about
5°N. Nevertheless, the mean air temperatures, reduced
to mean sea-level, are related very broadly to latitude
(see Figures 3.11A and B).

5 Effect of land and sea

Another important control on the effect of incoming
solar radiation stems from the different ways in which
land and sea are able to profit from it. Whereas water has
a tendency to store the heat it receives, land, in contrast,
quickly returns it to the atmosphere. There are several
reasons for this.
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Figure 3.8 The global distribution 
of total cloud amount (per cent)
derived from surface-based obser-
vations during the period 1971 to
1981, averaged for the months June
to August (above) and December to
February (below). High percentages
are shaded and low percentages stip-
pled.

Source: From London et al. (1989).
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Figure 3.9 The mean annual global solar radiation (Q + q) (W m–2) (i.e. on a horizontal surface at ground level). Maxima are found
in the world’s hot deserts, where as much as 80 per cent of the solar radiation annually incident on the top of the unusually cloud-free
atmosphere reaches the ground.

Source: After Budyko et al. (1962).

Figure 3.10 Mean daily maximum shade air temperature (C).

Source: After Ransom (1963).
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Figure 3.11 (A) Mean sea-level temperatures (°C) in January. The position of the thermal equator is shown approximately by the
line dashes. (B) Mean sea-level temperatures (°C) in July. The position of the thermal equator is shown approximately by the line dashes.



A large proportion of the incoming solar radiation is
reflected back into the atmosphere without heating the
earth’s surface. The proportion depends upon the type of
surface (see Table 3.2). A sea surface reflects very little
unless the angle of incidence of the sun’s rays is large. The
albedo for a calm water surface is only 2 to 3 per cent for
a solar elevation angle exceeding 60°, but is more than 
50 per cent when the angle is 15°. For land surfaces, 
the albedo is generally between 8 and 40 per cent of the
incoming radiation. The figure for forests is about 9 to 
18 per cent according to the type of tree and density 
of foliage (see Chapter 12C), for grass approximately 
25 per cent, for cities 14 to 18 per cent, and for desert
sand 30 per cent. Fresh snow may reflect as much as 
90 per cent of solar radiation, but snow cover on vege-
tated, especially forested, surfaces is much less reflective
(30 to 50 per cent). The long duration of snow cover on
the northern continents (see Figure 3.12 and Plate A)
causes much of the incoming radiation in winter to 
spring to be reflected. However, the global distribution of
annual average surface albedo (Figure 3.13A) shows
mainly the influence of the snow-covered Arctic sea ice
and Antarctic ice sheet (compare Figure 3.13B for
planetary albedo).

The global solar radiation absorbed at the surface is
determined from measurements of radiation incident on
the surface and its albedo (a). It may be expressed as

S(100 – a)

where the albedo is a percentage. A snow cover will
absorb only about 15 per cent of the incident radiation,
whereas for the sea the figure generally exceeds 90 per
cent. The ability of the sea to absorb the heat received
also depends upon its transparency. As much as 20 
per cent of the radiation penetrates as far down as 
9 m (30 ft). Figure 3.14 illustrates how much energy 
is absorbed by the sea at different depths. However, 
the heat absorbed by the sea is carried down to
considerable depths by the turbulent mixing of water
masses by the action of waves and currents. Figure 3.15,
for example, illustrates the mean monthly variations
with depth in the upper 100 metres of the waters of 
the eastern North Pacific (around 50°N, 145°W); it
shows the development of the seasonal thermocline
under the influences of surface heating, vertical mixing
and surface conduction.

A measure of the difference between the subsurfaces 
of land and sea is given in Figure 3.16, which shows
ground temperatures at Kaliningrad (Königsberg) and
sea temperature deviations from the annual mean at
various depths in the Bay of Biscay. Heat transmission
in the soil is carried out almost wholly by conduction,
and the degree of conductivity varies with the moisture
content and porosity of each particular soil.
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Figure 3.12 Average annual snow-cover duration (months).

Source: Henderson-Sellers and Wilson (1983).



Air is an extremely poor conductor, and for this
reason a loose, sandy soil surface heats up rapidly 
by day, as the heat is not conducted away. Increased 
soil moisture tends to raise the conductivity by filling 
the soil pores, but too much moisture increases the 
soil’s heat capacity, thereby reducing the temperature
response. The relative depths over which the annual and

diurnal temperature variations are effective in wet and
dry soils are approximately as follows:
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Figure 3.13 Mean annual albedos (per cent): (A) At the earth’s surface. (B) On a horizontal surface at the top of the atmosphere.

Source: After Hummel and Reck; from Henderson-Sellers and Wilson (1983), and Stephens et al. (1981), by permission of the American
Geophysical Union.

Diurnal variation Annual variation

Wet soil 0.5 m 9 m
Dry sand 0.2 m 3 m



However, the actual temperature change is greater in
dry soils. For example, the following values of diurnal
temperature range have been observed during clear
summer days at Sapporo, Japan:

The different heating qualities of land and water are
also accounted for partly by their different specific heats.
The specific heat (c) of a substance can be represented

by the number of thermal units required to raise a unit
mass of it through 1°C (4184 J kg–1 K–1). The specific
heat of water is much greater than for most other
common substances, and water must absorb five times
as much heat energy to raise its temperature by the same
amount as a comparable mass of dry soil. Thus for dry
sand, c = 840 J kg–1 K–1.

If unit volumes of water and soil are considered, the
heat capacity, ρc, of the water, where ρ = density (ρc =
4.18 � 106 J m–3 K–1), exceeds that of the sand approx-
imately threefold (ρc = 1.3 � 1.6 J m–3 K–1) if the sand
is dry and twofold if it is wet. When this water is cooled
the situation is reversed, for then a large quantity of heat
is released. A metre-thick layer of sea water being
cooled by as little as 0.1°C will release enough heat to
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Figure 3.14 Schematic representa-
tion of the energy spectrum of the
sun’s radiation (in arbitrary units) that
penetrates the sea surface to depths
of 0.1, 1, 10 and 100 m. This illustrates
the absorption of infra-red radiation by
water, and also shows the depths to
which visible (light) radiation pene-
trates.

Source: From Sverdrup (1945).

Figure 3.15 Mean monthly variations
of temperature with depth in the
surface waters of the eastern North
Pacific. The layer of rapid temperature
change is termed the thermocline.

Source: After Tully and Giovando (1963).
Reproduced by permission of the Royal
Society of Canada.

Sand Loam Peat Clay

Surface 40°C 33°C 23°C 21°C
5 cm 20 19 14 14
15 cm 7 6 2 4



raise the temperature of an approximately 30 m thick air
layer by 10°C. In this way, the oceans act as a very effec-
tive reservoir for much of the world’s heat. Similarly,
evaporation of sea water causes large heat expenditure
because a great amount of energy is needed to evaporate
even a small quantity of water (see Chapter 3C).

The thermal role of the ocean is an important and
complex one (see Chapter 7D). The ocean comprises
three thermal layers:

1 A seasonal boundary, or upper mixed layer, lying
above the thermocline. This is less than 100 m deep

in the tropics but is hundreds of metres deep in the
subpolar seas. It is subject to annual thermal mixing
from the surface (see Figure 3.15).

2 A warm water sphere or lower mixed layer. This
underlies layer 1 and slowly exchanges heat with it
down to many hundreds of metres.

3 The deep ocean. This contains some 80 per cent of
the total oceanic water volume and exchanges heat
with layer 1 in the polar seas.

This vertical thermal circulation allows global heat to be
conserved in the oceans, thus damping down the global
effects of climatic change produced by thermal forcing
(see Chapter 13B). The time for heat energy to diffuse
within the upper mixed layer is two to seven months,
within the lower mixed layer seven years, and within
the deep ocean upwards of 300 years. The comparative
figure for the outer thermal layer of the solid earth is
only eleven days.

These differences between land and sea help to
produce what is termed continentality. Continentality
implies, first, that a land surface heats and cools much
more quickly than that of an ocean. Over the land, the
lag between maximum (minimum) periods of radiation
and the maximum (minimum) surface temperature is
only one month, but over the ocean and at coastal
stations the lag is up to two months. Second, the annual
and diurnal ranges of temperature are greater in con-
tinental than in coastal locations. Figure 3.17 illustrates
the annual variation of temperature at Toronto, Canada
and Valentia, western Ireland, while diurnal temperature
ranges experienced in continental and maritime areas
are described below (see pp. 55–6). The third effect of
continentality results from the global distribution of the
landmasses. The smaller ocean area of the northern
hemisphere causes the boreal summer to be warmer 
but its are winters colder on average than the austral
equivalents of the southern hemisphere (summer,
22.4°C versus 17.1°C; winter, 8.1°C versus 9.7°C). Heat
storage in the oceans causes them to be warmer in winter
and cooler in summer than land in the same latitude,
although ocean currents give rise to some local depar-
tures from this rule. The distribution of temperature
anomalies for the latitude in January and July (Figure
3.18) illustrates the significance of continentality and
the influence of the warm currents in the North Atlantic
and the North Pacific in winter.

Sea-surface temperatures can now be estimated 
by the use of infra-red satellite imagery (see C, this
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Figure 3.16 Annual variation of temperature at different depths in
soil at Kaliningrad, European Russia (above) and in the water of the
Bay of Biscay (at approximately 47° N, 12°W) (below), illustrating
the relatively deep penetration of solar energy into the oceans 
as distinct from that into land surfaces. The bottom figure shows 
the temperature deviations from the annual mean for each depth.

Sources: Geiger (1965) and Sverdrup (1945).



chapter). Plate B shows a false-colour satellite thermal
image of the western North Atlantic showing the
relatively warm, meandering Gulf Stream. Maps of sea-
surface temperatures are now routinely constructed
from such images.

6 Effect of elevation and aspect

When we come down to the local scale, differences 
in the elevation of the land and its aspect (that is, 
the direction that the surface faces) strongly control the
amount of solar radiation received.

High elevations that have a much smaller mass of air
above them (see Figure 2.13) receive considerably more
direct solar radiation under clear skies than do locations
near sea-level due to the concentration of water vapour
in the lower troposphere (Figure 3.19). On average in
middle latitudes the intensity of incident solar radiation
increases by 5 to 15 per cent for each 1000 m increase
in elevation in the lower troposphere. The difference
between sites at 200 and 3000 m in the Alps, for
instance, can amount to 70 W m–2 on cloudless summer
days. However, there is also a correspondingly greater
net loss of terrestrial radiation at higher elevations
because the low density of the overlying air results in 
a smaller fraction of the outgoing radiation being
absorbed. The overall effect is invariably complicated
by the greater cloudiness associated with most mountain
ranges, and it is therefore impossible to generalize from
the limited data available.

Figure 3.20 illustrates the effect of aspect and slope
angle on theoretical maximum solar radiation receipts
at two locations in the northern hemisphere. The general
effect of latitude on insolation amounts is clearly shown,
but it is also apparent that increasing latitude causes 
a relatively greater radiation loss for north-facing 
slopes, as distinct from south-facing ones. The radiation
intensity on a sloping surface (I

s
) is

I
s
= I

o
cos i

where i = the angle between the solar beam and a beam
normal to the sloping surface. Relief may also affect the
quantity of insolation and the duration of direct sunlight
when a mountain barrier screens the sun from valley
floors and sides at certain times of day. In many Alpine
valleys, settlement and cultivation are noticeably
concentrated on southward-facing slopes (the adret or
sunny side), whereas northward slopes (ubac or shaded
side) remain forested.

7 Variation of free-air temperature 
with height

Chapter 2C described the gross characteristics of the
vertical temperature profile in the atmosphere. We will
now examine the vertical temperature gradient in the
lower troposphere.

Vertical temperature gradients are determined in part
by energy transfers and in part by vertical motion of the
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Figure 3.17 Mean annual temperature
regimes in various climates. Manaus, Brazil
(equatorial), Valentia, Ireland (temperate
maritime) and Toronto, Canada (temperate
continental).
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Figure 3.18 World temperature anomalies (i.e. the difference between recorded temperatures °C and the mean for that latitude)
for January and July. Solid lines indicate positive, and dashed lines negative, anomalies.



air. The various factors interact in a highly complex
manner. The energy terms are the release of latent 
heat by condensation, radiative cooling of the air and
sensible heat transfer from the ground. Horizontal
temperature advection, by the motion of cold and warm
airmasses, may also be important. Vertical motion is

dependent on the type of pressure system. High-pressure
areas are generally associated with descent and warming
of deep layers of air, hence decreasing the temperature
gradient and frequently causing temperature inversions
in the lower troposphere. In contrast, low-pressure
systems are associated with rising air, which cools 
upon expansion and increases the vertical temperature
gradient. Moisture is an additional complicating factor
(see Chapter 3E), but it remains true that the middle 
and upper troposphere is relatively cold above a surface
low-pressure area, leading to a steeper temperature
gradient.

The overall vertical decrease of temperature, or lapse

rate, in the troposphere is about 6.5°C/km. However,
this is by no means constant with height, season or
location. Average global values calculated by C. E. P.
Brooks for July show increasing lapse rate with height:
about 5°C/km in the lowest 2 km, 6°C/km between 4
and 5km, and 7°C/km between 6 and 8 km. The seasonal
regime is very pronounced in continental regions with
cold winters. Winter lapse rates are generally small and,
in areas such as central Canada or eastern Siberia, may
even be negative (i.e. temperatures increase with height
in the lowest layer) as a result of excessive radiational
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Figure 3.19 Direct solar radiation as a function of altitude
observed in the European Alps. The absorbing effects of water
vapour and dust, particularly below about 3000 m, are shown by
comparison with a theoretical curve for an ideal atmosphere.

Source: After Albetti, Kastrov, Kimball and Pope; from Barry (1992).

Figure 3.20 Average direct beam solar
radiation (W m–2) incident at the surface
under cloudless skies at Trier, West
Germany, and Tucson, Arizona, as a
function of slope, aspect, time of day and
season of year.

Source: After Geiger (1965) and Sellers
(1965).



cooling over a snow surface. A similar situation occurs
when dense, cold air accumulates in mountain basins
on calm, clear nights. On such occasions, mountain
summits may be many degrees warmer than the valley
floor below (see Chapter 6C.2). For this reason, the
adjustment of average temperature of upland stations 
to mean sea-level may produce misleading results.
Observations in Colorado at Pike’s Peak (4301 m) and
Colorado Springs (1859 m) show the mean lapse rate to
be 4.1°C/km in winter and 6.2°C/km in summer. It
should be noted that such topographic lapse rates may
bear little relation to free air lapse rates in nocturnal
radiation conditions, and the two must be carefully
distinguished.

In the Arctic and over Antarctica, surface temper-
ature inversions persist for much of the year. In winter
the Arctic inversion is due to intense radiational cooling,
but in summer it is the result of the surface cooling 
of advected warmer air. The tropical and subtropical
deserts have very steep lapse rates in summer causing
considerable heat transfer from the surface and gen-
erally ascending motion; subsidence associated with
high-pressure cells is predominant in the desert zones in
winter. Over the subtropical oceans, sinking air leads to
warming and a subsidence inversion near the surface
(see Chapter 13).

C TERRESTRIAL INFRA-RED RADIATION
AND THE GREENHOUSE EFFECT

Radiation from the sun is predominantly short-wave,
whereas that leaving the earth is long-wave, or infra-red,
radiation (see Figure 3.1). The infra-red emission from
the surface is slightly less than that from a black body 
at the same temperature and, accordingly, Stefan’s 
Law (see p. 33) is modified by an emissivity coefficient
(ε), which is generally between 0.90 and 0.95, i.e. 
F = εσT 4. Figure 3.1 shows that the atmosphere is highly
absorbent to infra-red radiation (due to the effects of
water vapour, carbon dioxide and other trace gases),
except between about 8.5 and 13.0 µm – the ‘atmospheric
window’. The opaqueness of the atmosphere to infra-red
radiation, relative to its transparency to short-wave
radiation, is commonly referred to as the greenhouse

effect. However, in the case of an actual greenhouse, the
effect of the glass roof is probably as significant in
reducing cooling by restricting the turbulent heat loss as
it is in retaining the infra-red radiation.

The total ‘greenhouse’ effect results from the net
infra-red absorption capacity of water vapour, carbon
dioxide and other trace gases – methane (CH4), nitrous
oxide (N2O) and tropospheric ozone (O3). These gases
absorb strongly at wavelengths within the atmospheric
window region, in addition to their other absorbing
bands (see Figure 3.1 and Table 3.3). Moreover, because
concentrations of these trace gases are low, their
radiative effects increase approximately linearly with
concentration, whereas the effect of CO2 is related to
the logarithm of the concentration. In addition, because
of the long atmospheric residence time of nitrous oxide
(132 years) and CFCs (65 to 140 years), the cumulative
effects of human activities will be substantial. It is esti-
mated that between 1765 and 2000, the radiative effect
of increased CO2 concentration was 1.5 W m–2, and of
all trace gases about 2.5 W m–2 (cf. the solar constant
value of 1366 W m–2).

The net warming contribution of the natural (non-
anthropogenic) greenhouse gases to the mean ‘effective’
planetary temperature of 255 K (corresponding to the
emitted infra-red radiation) is approximately 33 K.
Water vapour accounts for 21 K of this amount, carbon
dioxide 7 K, ozone 2 K, and other trace gases (nitrous
oxide, methane) about 3 K. The present global mean
surface temperature is 288 K, but the surface was
considerably warmer during the early evolution of the
earth, when the atmosphere contained large quantities 
of methane, water vapour and ammonia. The largely
carbon dioxide atmosphere of Venus creates a 500 K
greenhouse effect on that planet.

Stratospheric ozone absorbs significant amounts of
both incoming ultraviolet radiation, harmful to life, and
outgoing terrestrial long-wave re-radiation, so that its
overall thermal role is a complex one. Its net effect on
earth surface temperatures depends on the elevation 
at which the absorption occurs, being to some extent a
trade-off between short- and long-wave absorption in
that:

1 An increase of ozone above about 30 km absorbs
relatively more incoming short-wave radiation,
causing a net decrease of surface temperatures.

2 An increase of ozone below about 25 km absorbs
relatively more outgoing long-wave radiation,
causing a net increase of surface temperatures.

Long-wave radiation is not merely terrestrial in the
narrow sense. The atmosphere radiates to space, and

51

SOLAR RADIATION



52

ATMOSPHERE, WEATHER AND CLIMATE

Table 3.3 Influence of greenhouse gases on atmospheric temperature.

Gas Centres of Temperature increase Global warming potential

main absorption (K) for �2 present on a weight basis

bands (µm) concentration (kg–1 of air)†

Water vapour (H2O) 6.3–8.0, >15
(8.3–12.5)*

Carbon dioxide (CO2) (5.2), (10), 14.7 3.0 ± 1.5 1
Methane (CH4) 6.52, 7.66 0.3–0.4 11
Ozone (O3) 4.7, 9.6, (14.3) 0.9
Nitrous oxide (N2O) 7.78, 8.56, 17.0 0.3 270
Chlorofluoromethanes

(CFCl3) 4.66, 9.22, 11.82 6 0.1 3400
(CF2Cl2) 8.68, 9.13, 10.93 7100

Notes:  * Important in moist atmospheres.
† Refers to direct annual radiative forcing for the surface-troposphere system.

Sources: After Campbell; Ramanathan; Lashof and Ahuja; Luther and Ellingson; IPCC (1992).

THE GREENHOUSE EFFECT

The natural greenhouse effect of the earth’s atmosphere is attributable primarily to water vapour. It accounts for 21 K
of the 33 K difference between the effective temperature of a dry atmosphere and the real atmosphere through the
trapping of infra-red radiation. Water vapour is strongly absorptive around 2.4–3.1 µm, 4.5–6.5 µm and above 16 µm.
The concept of greenhouse gas-induced warming is commonly applied to the effects of the increases in atmospheric
carbon dioxide concentrations resulting from anthropogenic activities, principally the burning of fossil fuels. Sverre Arrhenius
in Sweden drew attention to this possibility in 1896, but observational evidence was forthcoming only some forty years
later (Callendar, 1938, 1959). However, a careful record of of atmospheric concentrations of carbon dioxide was lacking
until Charles Keeling installed calibrated instruments at the Mauna Loa Observatory, Hawaii, in 1957. Within a decade,
these observations became the global benchmark . They showed an annual cycle of about 5 ppm at the Observatory,
caused by the biospheric uptake and release, and the c. 0.5 per cent annual increase in CO2, from 315 ppm in 1957 to
370 ppm in 2001, due to fossil fuel burning. The annual increase is about half of the total emission due to CO2 uptake
by the oceans and the land biosphere. The principal absorption band for radiation by carbon dioxide is around 14–16
µm, but there are others at 2.6 and 4.2 µm. Most of the effect of increasing CO2 concentration is by enhanced absorption
in the latter, as the main band is almost saturated. The sensitivity of mean global air temperature to a doubling of CO2

in the range 2 to 5°C, while a removal of all atmospheric CO2 might lower the mean surface temperature by more than
10°C.

The important role of other trace greenhouse gases (methane and fluorocarbons) recognized in the 1980s and
many additional trace gases began to be monitored and their past histories reconstructed from ice core records. These
show that the pre-industrial level of CO2 was 280 ppm and methane 750 ppb; these values decreased to about 180
ppm and 350 ppb, respectively, during the maximum phases of continental glaciation in the Ice Age.

The positive feedback effect of CO2, which involves greenhouse gas-induced warming leading to an enhanced
hydrological cycle with a larger atmospheric vapour content and therefore further warming, is still not well resolved
quantitatively.

box 3.1 topical issue



clouds are particularly effective since they act as black
bodies. For this reason, cloudiness and cloud-top tem-
perature can be mapped from satellites by day and by
night using infra-red sensors (see Plates 2, 3 and 15,
where high clouds appear cold). Radiative cooling of
cloud layers averages about 1.5°C per day.

For the globe as a whole, satellite measurements
show that in cloud-free conditions the mean absorbed
solar radiation is approximately 285W m–2, whereas the
emitted terrestrial radiation is 265W m–2. Including
cloud-covered areas, the corresponding global values
are 235 W m–2 for both terms. Clouds reduce the
absorbed solar radiation by 50 W m–2, but reduce the
emitted radiation by only 30 W m–2. Hence global cloud
cover causes a net radiative loss of about 20 W m–2, due
to the dominance of cloud albedo reducing short-wave
radiation absorption. In lower latitudes this effect is
much larger (up to –50 to –100 W m–2), whereas in 
high latitudes the two factors are close to balance, or 
the increased infra-red absorption by clouds may lead 
to a small positive value. These results are important 
in terms of changing concentrations of greenhouse
gases, since the net radiative forcing by cloud cover 

is four times that expected from CO2 doubling (see
Chapter 13).

D HEAT BUDGET OF THE EARTH

We can now summarize the net effect of the transfers of
energy in the earth–atmosphere system averaged over
the globe and over an annual period.

The incident solar radiation averaged over the 
globe is

Solar constant � πr2 / 4πr2

where r = radius of the earth and 4πr2 is the surface area
of a sphere. This figure is approximately 342 W m–2, 
or 11 � 109 J m–2 yr–1 (109 J = 1GJ); for convenience we
will regard it as 100 units. Referring to Figure 3.21,
incoming radiation is absorbed in the stratosphere 
(3 units), by ozone mainly, and 20 units are absorbed in
the troposphere by carbon dioxide (1), water vapour
(13), dust (3) and water droplets in clouds (3). Twenty
units are reflected back to space from clouds, which
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Figure 3.21 The balance of the atmospheric energy budget. The transfers are explained in the text. Solid lines indicate energy gains
by the atmosphere and surface in the left-hand diagram and the troposphere in the right-hand diagram. The exchanges are referred
to 100 units of incoming solar radiation at the top of the atmosphere (equal to 342 W m–2).

Source: After Kiehl and Trenberth (1997) From Bulletin of the American Meteorological Society, by permission of the American Meteorological
Society.



cover about 62 per cent of the earth’s surface on average.
A further nine units are similarly reflected from the
surface and three units are returned by atmospheric
scattering. The total reflected radiation is the planetary

albedo (31 per cent or 0.31). The remaining forty-nine

units reach the earth either directly (Q = 28) or as diffuse
radiation (q = 21) transmitted via clouds or by down-
ward scattering.

The pattern of outgoing terrestrial radiation is quite
different (see Figure 3.22). The black-body radiation,
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Figure 3.22 Planetary short- and long-wave radiation (Wm–2). (A) Mean annual absorbed short-wave radiation for the period April
1979 to March 1987. (B) Mean annual net planetary long-wave radiation (L

n
) on a horizontal surface at the top of the atmosphere.

Sources: (A) Ardanuy et al. (1992) and Kyle et al. (1993) From Bulletin of the American Meteorological Society, by permission of the American
Meteorological Society. (B) Stephens et al. (1981).



assuming a mean surface temperature of 288 K, is
equivalent to 114 units of infra-red (long-wave) radi-
ation. This is possible since most of the outgoing
radiation is reabsorbed by the atmosphere; the net loss
of infra-red radiation at the surface is only nineteen
units. These exchanges represent a time-averaged state
for the whole globe. Recall that solar radiation affects
only the sunlit hemisphere, where the incoming radi-
ation exceeds 342 W m–2. Conversely, no solar radiation
is received by the night-time hemisphere. Infra-red
exchanges continue, however, due to the accumulated
heat in the ground. Only about twelve units escape
through the atmospheric window directly from the
surface. The atmosphere itself radiates fifty-seven units
to space (forty-eight from the emission by atmospheric
water vapour and CO2 and nine from cloud emission),
giving a total of sixty-nine units (L

u
); the atmosphere in

turn radiates ninety-five units back to the surface (L
d
);

thus L
u

+ L
d

= L
n

is negative.
These radiation transfers can be expressed symbol-

ically:

R
n

= (Q + q) (1 – a) + L
n

where R
n

= net radiation, (Q + q) = global solar
radiation, a = albedo and L

n
= net long-wave radiation.

At the surface, R
n

= 30 units. This surplus is conveyed
to the atmosphere by the turbulent transfer of sensible
heat, or enthalpy (seven units), and latent heat (twenty-
three units):

R
n

= LE + H

where H = sensible heat transfer and LE = latent heat
transfer. There is also a flux of heat into the ground (B.5,
this chapter), but for annual averages this is approx-
imately zero.

Figure 3.22 summarizes the total balances at the
surface (± 144 units) and for the atmosphere (± 152
units). The total absorbed solar radiation and emitted
radiation for the entire earth–atmosphere system is
estimated to be ±7 GJ m–2 yr–1 (± 69 units). Various
uncertainties are still to be resolved in these estimates.
The surface short-wave and long-wave radiation
budgets have an uncertainty of about 20 W m–2, and the
turbulent heat fluxes of about 10 W m–2.

Satellite measurements now provide global views 
of the energy balance at the top of the atmosphere. The
incident solar radiation is almost symmetrical about the

equator in the annual mean (cf. Table 3.1). The mean
annual totals on a horizontal surface at the top of the
atmosphere are approximately 420 W m–2 at the equator
and 180 W m–2 at the poles. The distribution of the
planetary albedo (see Figure 3.13B) shows the lowest
values over the low-latitude oceans compared with the
more persistent areas of cloud cover over the continents.
The highest values are over the polar ice-caps. The
resulting planetary short-wave radiation ranges from
340 Wm–2 at the equator to 80 Wm–2 at the poles. The
net (outgoing) long-wave radiation (Figure 3.22B)
shows the smallest losses where the temperatures are
lowest and highest losses over the largely clear skies 
of the Saharan desert surface and over low-latitude
oceans. The difference between Figure 3.22A and 3.22B
represents the net radiation of the earth–atmosphere
system which achieves balance about latitude 30°. The
consequences of a low-latitude energy surplus and a
high-latitude deficit are examined below.

The diurnal and annual variations of temperature are
related directly to the local energy budget. Under clear
skies, in middle and lower latitudes, the diurnal regime
of radiative exchanges generally shows a midday maxi-
mum of absorbed solar radiation (see Figure 3.23A). A
maximum of infra-red (long-wave) radiation (see Figure
3.1) is also emitted by the heated ground surface at
midday, when it is warmest. The atmosphere re-radiates
infra-red radiation downward, but there is a net loss at
the surface (L

n
). The difference between the absorbed

solar radiation and L
n

is the net radiation, R
n
; this is

generally positive between about an hour after sunrise
and an hour or so before sunset, with a midday maxi-
mum. The delay in the occurrence of the maximum 
air temperature until about 14:00 hours local time
(Figure 3.23B) is caused by the gradual heating of the
air by convective transfer from the ground. Minimum R

n

occurs in the early evening, when the ground is still
warm; there is a slight increase thereafter. The temper-
ature decrease after midday is slowed by heat supplied
from the ground. Minimum air temperature occurs
shortly after sunrise due to the lag in the transfer of heat
from the surface to the air. The annual pattern of the net
radiation budget and temperature regime is closely
analogous to the diurnal one, with a seasonal lag in the
temperature curve relative to the radiation cycle, as
noted above (p. 47).

There are marked latitudinal variations in the diurnal
and annual ranges of temperature. Broadly, the annual
range is a maximum in higher latitudes, with extreme
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values about 65°N related to the effects of continentality
and distance to the ocean in interior Asia and North
America (Figure 3.24). In contrast, in low latitudes the
annual range differs little between land and sea because
of the thermal similarity between tropical rainforests

and tropical oceans. The diurnal range is a maximum
over tropical land areas, but it is in the equatorial zone
that the diurnal variation of heating and cooling exceeds
the annual one (Figure 3.23C), due to the small seasonal
change in solar elevation angle at the equator.
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Figure 3.23 Curves showing diurnal variations of radiant energy
and temperature. (A) Diurnal variations in absorbed solar radiation
and infra-red radiation in the middle and low latitudes. (B) Diurnal
variations in net radiation and air temperature in the middle and
low latitudes. (C) Annual (A) and diurnal (D) temperature ranges
as a function of latitude and of continental (C) or maritime (M)
location.

Source: (C) from Paffen (1967).

Figure 3.24 The mean annual temperature range (°C) at the earth’s surface.

Source: Monin, Crowley and North (1991). Courtesy of the World Meteorological Organization.



E ATMOSPHERIC ENERGY AND
HORIZONTAL HEAT TRANSPORT

So far, we have given an account of the earth’s heat
budget and its components. We have already referred
to two forms of energy: internal (or heat) energy, due to
the motion of individual air molecules, and latent
energy, which is released by condensation of water
vapour. Two other forms of energy are important:
geopotential energy due to gravity and height above the
surface, and kinetic energy associated with air motion.

Geopotential and internal energy are interrelated,
since the addition of heat to an air column not only
increases its internal energy but also adds to its
geopotential as a result of the vertical expansion of the
air column. In a column extending to the top of the
atmosphere, the geopotential is approximately 40 per
cent of the internal energy. These two energy forms are
therefore usually considered together and termed the
total potential energy (PE). For the whole atmosphere

potential energy ≈ 1024 J
kinetic energy ≈ 1010 J

In a later section (Chapter 6C), we shall see how
energy is transferred from one form to another, but here
we consider only heat energy. It is apparent that the
receipt of heat energy is very unequal geographically
and that this must lead to great lateral transfers of energy
across the surface of the earth. In turn, these transfers
give rise, at least indirectly, to the observed patterns of
global weather and climate.

The amounts of energy received at different latitudes
vary substantially, the equator on the average receiving
2.5 times as much annual solar energy as the poles.
Clearly, if this process were not modified in some way
the variations in receipt would cause a massive accu-
mulation of heat within the tropics (associated with
gradual increases of temperature) and a corresponding
deficiency at the poles. Yet this does not happen, and the
earth as a whole is approximately in a state of thermal
equilibrium. One explanation of this equilibrium could
be that for each region of the world there is equalization
between the amount of incoming and outgoing radi-
ation. However, observation shows that this is not so
(Figure 3.25), because, whereas incoming radiation
varies appreciably with changes in latitude, being
highest at the equator and declining to a minimum at the
poles, outgoing radiation has a more even latitudinal

distribution owing to the rather small variations in
atmospheric temperature. Some other explanation there-
fore becomes necessary.

1 The horizontal transport of heat

If the net radiation for the whole earth–atmosphere
system is calculated, it is found that there is a positive
budget between 35°S and 40°N, as shown in Figure
3.26C. The latitudinal belts in each hemisphere sepa-
rating the zones of positive and negative net radiation
budgets oscillate dramatically with season (Figure
3.26A and B). As the tropics do not get progressively
hotter or the high latitudes colder, a redistribution 
of world heat energy must occur constantly, taking 
the form of a continuous movement of energy from the
tropics to the poles. In this way the tropics shed their
excess heat and the poles, being global heat sinks, are
not allowed to reach extremes of cold. If there were 
no meridional interchange of heat, a radiation balance
at each latitude would be achieved only if the equator
were 14°C warmer and the North Pole 25°C colder than
today. This poleward heat transport takes place within
the atmosphere and oceans, and it is estimated that 
the former accounts for approximately two-thirds of the
required total. The horizontal transport (advection of
heat) occurs in the form of both latent heat (that is, water
vapour, which subsequently condenses) and sensible
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Figure 3.25 A meridional illustration of the balance between
incoming solar radiation and outgoing radiation from the earth and
atmosphere* in which the zones of permanent surplus and deficit
are maintained in equilibrium by a poleward energy transfer.†

Sources: *Data from Houghton; after Newell (1964) and Scientific
American. †After Gabites.
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Figure 3.26 Mean net planetary radia-
tion budget (R

n
) (W m–2) for a horizontal

surface at the top of the atmosphere
(i.e. for the earth–atmosphere system).
(A) January. (B) July. (C) Annual.

Sources: Ardanuy et al. (1992) and Kyle et
al. (1993). Stephens et al. (1981). (A), (B)
By permission of the American Geophysical
Union. (C) From Bulletin of the American
Meteorological Society, by permission of the
American Meteorological Society.



heat (that is, warm airmasses). It varies in intensity
according to the latitude and the season. Figure 3.27B
shows the mean annual pattern of energy transfer by the
three mechanisms. The latitudinal zone of maximum
total transfer rate is found between latitudes 35° and 45°
in both hemispheres, although the patterns for the indi-
vidual components are quite different from one another.
The latent heat transport, which occurs almost wholly in
the lowest 2 or 3 km, reflects the global wind belts 
on either side of the subtropical high-pressure zones 
(see Chapter 7B). The more important meridional
transfer of sensible heat has a double maximum not only
latitudinally but also in the vertical plane, where there
are maxima near the surface and at about 200 mb. The
high-level transport is particularly significant over the

subtropics, whereas the primary latitudinal maximum
of about 50° to 60°N is related to the travelling low-
pressure systems of the westerlies.

The intensity of the poleward energy flow is closely
related to the meridional (that is, north–south) temper-
ature gradient. In winter this temperature gradient is at
a maximum, and in consequence the hemispheric air
circulation is most intense. The nature of the complex
transport mechanisms will be discussed in Chapter 7C.

As shown in Figure 3.27B, ocean currents account
for a significant proportion of the poleward heat transfer
in low latitudes. Indeed, recent satellite estimates of the
required total poleward energy transport indicate that
the previous figures are too low. The ocean transport
may be 47 per cent of the total at 30 to 35°N and as much
as 74 per cent at 20°N; the Gulf Stream and Kuro Shio
currents are particularly important. In the southern
hemisphere, poleward transport is mainly in the Pacific
and Indian Oceans (see Figure 8.30). The energy budget
equation for an ocean area must be expressed as

R
n

= LE + H + G + ∆A

where ∆A = horizontal advection of heat by currents and
G = the heat transferred into or out of storage in the
water. The storage is more or less zero for annual 
averages.

2 Spatial pattern of the heat budget 
components

The mean latitudinal values of the heat budget compo-
nents discussed above conceal wide spatial variations.
Figure 3.28 shows the global distribution of the annual
net radiation at the surface. Broadly, its magnitude
decreases poleward from about 25° latitude. However,
as a result of the high absorption of solar radiation by the
sea, net radiation is greater over the oceans – exceeding
160 W m–2 in latitudes 15 to 20° – than over land areas,
where it is about 80 to 105 W m–2 in the same latitudes.
Net radiation is also lower in arid continental areas 
than in humid ones, because in spite of the increased
insolation receipts under clear skies there is at the same
time greater net loss of terrestrial radiation.

Figures 3.29 and 3.30 show the annual vertical
transfers of latent and sensible heat to the atmosphere.
Both fluxes are distributed very differently over land
and seas. Heat expenditure for evaporation is at a maxi-
mum in tropical and subtropical ocean areas, where it
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Figure 3.27 (A) Net radiation balance for the earth’s surface of
101 W m–2 (incoming solar radiation of 156 W m–2, minus
outgoing long-wave energy to the atmosphere of 55 W m–2); for
the atmosphere of –101 W m–2 (incoming solar radiation of 84 W
m–2, minus outgoing long-wave energy to space of 185 W m–2);
and for the whole earth–atmosphere system of zero. (B) The
average annual latitudinal distribution of the components of the
poleward energy transfer (in 1015 W) in the earth–atmosphere
system.

Source: From Sellers (1965).
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Figure 3.28 Global distribution of the annual net radiation at the surface, in W m–2.

Source: After Budyko et al. (1962).

Figure 3.29 Global distribution of the vertical transfer of latent heat, in W m–2.

Source: After Budyko et al. (1962).



exceeds 160 W m–2. It is less near the equator, where
wind speeds are somewhat lower and the air has a
vapour pressure close to the saturation value (see
Chapter 3A). It is clear from Figure 3.29 that the major
warm currents greatly increase the evaporation rate. On
land, the latent heat transfer is largest in hot, humid
regions. It is least in arid areas with low precipitation
and in high latitudes, where there is little available
energy.

The largest exchange of sensible heat occurs over
tropical deserts, where more than 80 W m–2 is trans-
ferred to the atmosphere (see Figure 3.30). In contrast
to latent heat, the sensible heat flux is generally small
over the oceans, reaching only 25–40 W m–2 in areas of
warm currents. Indeed, negative values occur (transfer
to the ocean) where warm continental airmasses move
offshore over cold currents.
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Figure 3.30 Global distribution of the vertical transfer of sensible heat, in W m–2.

Source: After Budyko et al. (1962).

SUMMARY

Almost all energy affecting the earth is derived from solar
radiation, which is of short wavelength (<4 µm) due to

the high temperature of the sun (6000 K) (i.e. Wien’s
Law). The solar constant has a value of approximately
1368 W m–2. The sun and the earth radiate almost as
black bodies (Stefan’s Law, F = σT4), whereas the
atmospheric gases do not. Terrestrial radiation, from
an equivalent black body, amounts to only about 270
W m–2 due to its low radiating temperature (263 K);
this is infra-red (long-wave) radiation between 4 and
100 µm. Water vapour and carbon dioxide are the
major absorbing gases for infra-red radiation, whereas
the atmosphere is largely transparent to solar radiation
(the greenhouse effect). Trace gas increases are now
augmenting the ‘natural’ greenhouse effect (33 K). Solar
radiation is lost by reflection, mainly from clouds, and by
absorption (largely by water vapour). The planetary
albedo is 31 per cent; 49 per cent of the extraterrestrial
radiation reaches the surface. The atmosphere is heated
primarily from the surface by the absorption of
terrestrial infra-red radiation and by turbulent heat
transfer. Temperature usually decreases with height at
an average rate of about 6.5°C/km in the troposphere.
In the stratosphere and thermosphere, it increases with
height due to the presence of radiation absorbing gases.



DISCUSSION TOPICS

� Explain the respective roles of the earth’s orbit about

the sun and the tilt of the axis of rotation for global

climate.

� Explain the differences between the transmission of

solar and terrestrial radiation by the atmosphere.

� What is the relative importance of incoming solar

radiation, turbulent energy exchanges and other

factors in determining local daytime temperatures?

� Consider the role of clouds in global climate from a

radiative perspective.

� What effects do ocean currents have on regional

climates? Consider the mechanisms involved for

both warm and cold currents. 

� Explain the concept of ‘continentality’. What 

climatic processes are involved and how do they

operate?
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to a poleward energy transport from tropical latitudes
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and sea distribution and elevation, and also by horizontal
advection due to airmass movements and ocean
currents.
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This chapter considers the role of water in its various
phases (solid, liquid and vapour) in the climate system
and the transfers (or cycling) of water between the major
reservoirs – the oceans, the land surface and the atmos-
phere. We discuss measures of humidity, large-scale
moisture transport, moisture balance, evaporation and
condensation.

A THE GLOBAL HYDROLOGICAL CYCLE

The global hydrosphere consists of a series of reservoirs
interconnected by water cycling in various phases.
These reservoirs are the oceans; ice sheets and glaciers;
terrestrial water (rivers, soil moisture, lakes and ground
water); the biosphere (water in plants and animals); and
the atmosphere. The oceans, with a mean depth of 3.8
km and covering 71 per cent of the earth’s surface, hold
97 per cent of all the earth’s water (23.4 � 106 km3).

Approximately 70 per cent of the total fresh water is
locked up in ice sheets and glaciers, while almost all of
the remainder is ground water. It is an astonishing fact
that rivers and lakes hold only 0.3 per cent of all fresh
water and the atmosphere a mere 0.04 per cent (Figure
4.1). The average residence time of water within these
reservoirs varies from hundreds or thousands of years
for the oceans and polar ice to only about ten days for
the atmosphere. Water cycling involves evaporation,
the transport of water vapour in the atmosphere, conden-
sation, precipitation and terrestrial runoff. The equations
of the water budget for the atmosphere and for the
surface are respectively:

∆Q = E – P � DQ

and

∆S = P – E – r
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Learning objectives
When you have read this chapter you will:

� Be familiar with the major atmospheric components of the hydrological cycle,

� Know the main controls of evaporation and condensation,

� Be aware of the spatial and temporal characteristics of moisture in the atmosphere, evaporation and

precipitation,

� Know the different forms of precipitation and typical statistical characteristics,

� Know the major geographical and altitudinal patterns of precipitation and their basic causes,

� Understand the nature and characteristics of droughts.



where ∆Q is the time change of moisture in an
atmospheric column, E = evaporation, P = precipitation,
DQ = moisture divergence out of the column, ∆S =
surface storage of water, and r = runoff. For short-term
processes, the water balance of the atmosphere may be
assumed to be in equilibrium; however, over periods of
tens of years, global warming may increase its water
storage capacity.

Because of its large heat capacity, the global occur-
rence and transport of water is closely linked to global
energy. Atmospheric water vapour is responsible for the
bulk of total global energy lost into space by infra-red
radiation. Over 75 per cent of the energy input from the
surface into the atmosphere is a result of the liberation
of latent heat by condensation and, principally, the
production of rainfall.

The average storage of water vapour in the atmos-
phere (Table 4.1), termed the precipitable water content
(about 25 mm), is sufficient for only ten days’ supply of

rainfall over the earth as a whole. However, intense
(horizontal) influx of moisture into the air over a given
region makes possible short-term rainfall totals greatly
in excess of 30 mm. The phenomenal record total of 
1870 mm fell on the island of Réunion, off Madagascar,
during twenty-four hours in March 1952, and much
greater intensities have been observed over shorter
periods (see E.2a, this chapter).
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Figure 4.1 The hydrological cycle and water storage of the globe. The exchanges in the cycle are referred to 100 units, which equal
the mean annual global precipitation of 1130 mm. The percentage storage figures for atmospheric and continental water are percentages
of all fresh water. The saline ocean waters make up 97 per cent of all water. The horizontal advection of water vapour indicates the
net transfer.

Source: From More (1967) updated after Korzun (1978).

Table 4.1 Mean water content of the atmosphere 
(in mm of rainfall equivalent).

Northern Southern World

hemisphere hemisphere

January 19 25 22

July 34 20 27

Source: After Sutcliffe (1956).



B HUMIDITY

1 Moisture content

Atmospheric moisture comprises water vapour, and
water droplets and ice crystals in clouds. Moisture con-
tent is determined by local evaporation, air temperature
and the horizontal atmospheric transport of moisture.
Cloud water, on average, amounts to only 4 per cent 
of atmospheric moisture. The moisture content of 
the atmosphere can be expressed in several ways, apart
from the vapour pressure (p. 24), depending on which
aspect the user wishes to emphasize. The total mass 
of water in a given volume of air (i.e. the density of the
water vapour) is one such measure. This is termed 
the absolute humidity (r

w
) and is measured in grams 

per cubic metre (g m–3). Volumetric measurements are
seldom used in meteorology and more convenient is the
mass mixing ratio (x). This is the mass of water vapour
in grams per kilogram of dry air. For most practical
purposes, the specific humidity (q) is identical, being 
the mass of vapour per kilogram of air, including its
moisture.

More than 50 per cent of atmospheric moisture
content is below 850 mb (approximately 1450 m) and
more than 90 per cent below 500 mb (5575 m). Figure
4.2 illustrates typical vertical distributions in spring in
middle latitudes. It is also apparent that the seasonal
effect is most marked in the lowest 3000 m (i.e. below
700 mb). Air temperature sets an upper limit to water

vapour pressure – the saturation value (i.e. 100 per cent
relative humidity); consequently we may expect the
distribution of mean vapour content to reflect this
control. In January, minimum values of 1–2 mm
(equivalent depth of water) occur in northern continental
interiors and high latitudes, with secondary minima of
5–10 mm in tropical desert areas, where there is sub-
siding air (Figure 4.3). Maximum vapour contents 
of 50–60 mm are over southern Asia during the summer
monsoon and over equatorial latitudes of Africa and
South America.

Another important measure is relative humidity (r),
which expresses the actual moisture content of a sample
of air as a percentage of that contained in the same
volume of saturated air at the same temperature. The
relative humidity is defined with reference to the mixing
ratio, but it can be determined approximately in several
ways:

x q e
r = — � 100 < — � 100 < — � 100

x
s

q
s

e
s

where the subscript s refers to the respective saturation
values at the same temperature; e denotes vapour
pressure.

A further index of humidity is the dew-point tem-
perature. This is the temperature at which saturation
occurs if air is cooled at constant pressure without
addition or removal of vapour. When the air temperature
and dew point are equal the relative humidity is 100 per
cent, and it is evident that relative humidity can also be
determined from:

e
s
at dew-point

———————— � 100
e

s
at air temperature

The relative humidity of a parcel of air will change if
either its temperature or its mixing ratio is changed. In
general, the relative humidity varies inversely with
temperature during the day, tending to be lower in the
early afternoon and higher at night.

Atmospheric moisture can be measured by at least
five types of instrument. For routine measurements 
the wet-bulb thermometer is installed in a louvred
instrument shelter (Stevenson screen). The bulb of the
standard thermometer is wrapped in muslin, which is
kept moist by a wick from a reservoir of pure water. The
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Figure 4.2 The vertical variation of atmospheric vapour content
(g/kg) at Tucson, AZ and Miami, FL at 12 UTC on 27 March 2002.



evaporative cooling of this wet bulb gives a reading 
that can be used in conjunction with a simultaneous 
dry-bulb temperature reading to calculate the dew-point
temperature. A similar portable device – the aspirated
psychrometer – uses a forced flow of air at a fixed rate
over the dry and wet bulbs. A sophisticated instrument
for determining the dew-point, based on a different
principle, is the dew-point hygrometer. This detects
when condensation first occurs on a cooled surface. Two
other types of instrument are used to determine relative
humidity. The hygrograph utilizes the expansion/
contraction of a bundle of human hair, in response 
to humidity, to register relative humidity continuously
by a mechanical coupling to a pen arm marking on a
rotating drum. It has an accuracy of ± 5 to 10 per cent.

For upper air measurements, a lithium chloride element
detects changes in electrical resistance to vapour pres-
sure differences. Relative humidity changes are accurate
within ± 3 per cent.

2 Moisture transport

The atmosphere transports moisture horizontally as 
well as vertically. Figure 4.1 shows a net transport 
from oceans to land areas. Moisture must also be trans-
ported meridionally (south–north) in order to maintain
the required moisture balance at a given latitude 
(i.e. evaporation – precipitation = net horizontal tran-
sport of moisture into an air column). Comparison of
annual average precipitation and evaporation totals 
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Figure 4.3 Mean atmospheric water
vapour content in January and July
1970 to 1999, in mm of precipitable
water.

Source: Climate Diagnostics Center,
CIRES-NOAA, Boulder, CO.



for latitude zones shows that in low and middle latitudes
P > E, whereas in the subtropics P < E (Figure 4.4A).
These regional imbalances are maintained by net
moisture transport into (convergence) and out of (diver-
gence) the respective zones (DQ, where divergence 
is positive):

E – P = DQ

A prominent feature is the equatorward transport into
low latitudes and the poleward transport in middle
latitudes (Figure 4B). Atmospheric moisture is trans-
ported by the global westerly wind systems of middle
latitudes towards higher latitudes and by the easterly
trade wind systems towards the equatorial region (see
Chapter 7). There is also significant exchange of
moisture between the hemispheres. During June to
August there is a moisture transport northward across
the equator of 18.8 � 108 kg s–1; during December to
February the southward transport is 13.6 � 108 kg s–1.
The net annual south to north transport is 3.2 �

108 kg s–1, giving an annual excess of net precipitation
in the northern hemisphere of 39 mm. This is returned
by terrestrial runoff into the oceans.

It is important to stress that local evaporation is, in
general, not the major source of local precipitation. For
example, 32 per cent of the summer season precipitation
over the Mississippi River basin and between 25 and 
35 per cent of that over the Amazon basin is of ‘local’
origin, the remainder being transported into these basins
by moisture advection. Even when moisture is available
in the atmosphere over a region, only a small portion of
it is usually precipitated. This depends on the efficiency
of the condensation and precipitation mechanisms, both
microphysical and large scale.

Using atmospheric sounding data on winds and
moisture content, global patterns of average water
vapour flux divergence (i.e. E – P > 0) or convergence
(i.e. E – P < 0) can be determined. The distribution of
atmospheric moisture ‘sources’ (i.e. P < E) and ‘sinks’
(i.e. P > E) form an important basis for understanding
global climates. Strong divergence (outflow) of mois-
ture occurs over the northern Indian Ocean in summer,
providing moisture for the monsoon. Subtropical diver-
gence zones are associated with the high-pressure areas.
The oceanic subtropical highs are evaporation sources;
divergence over land may reflect underground water
supply or may be artefacts of sparse data.
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Figure 4.4 Meridional aspects of
global moisture. (A) Estimates of annual
evaporation minus precipitation (in
mm) as a function of latitude; (B)
Annual meridional transfer of water
vapour (in 1015 kg).

Source: (A) After J. Dodd, from Browning
(1993). By permission of NERC. (B)
From Sellers (1965).



C EVAPORATION

Evaporation (including transpiration from plants) pro-
vides the moisture input into the atmosphere; the oceans
provide 87 per cent and the continents 13 per cent.

The highest annual values (1500 mm), averaged
zonally around the globe, occur over the tropical oceans,
associated with trade wind belts, and over equatorial
land areas in response to high solar radiation receipts
and luxuriant vegetation growth (Figure 4.5A). The
larger oceanic evaporative losses in winter, for each
hemisphere (Figure 4.5B), represent the effect of out-
flows of cold continental air over warm ocean currents
in the western North Pacific and North Atlantic (Figure
4.6) and stronger trade winds in the cold season of the
southern hemisphere.

Evaporation requires an energy source at a surface
that is supplied with moisture; the vapour pressure in
the air must be below the saturated value (e

s
); and air

motion removes the moisture transferred into the surface
layer of air. As illustrated in Figure 2.14, the saturation
vapour pressure increases with temperature. The change
in state from liquid to vapour requires energy to be
expended in overcoming the intermolecular attractions

of the water particles. This energy is often acquired by
the removal of heat from the immediate surroundings,
causing an apparent heat loss (latent heat), as discussed
on p. 55, and a consequent drop in temperature. The
latent heat of vaporization needed to evaporate 1 kg of
water at 0°C is 2.5 � 106 J. Conversely, condensation
releases this heat, and the temperature of an airmass in
which condensation is occurring is increased as the
water vapour reverts to the liquid state.

The diurnal range of temperature can be moderated
by humid air, when evaporation takes place during the
day and condensation at night. The relationship of
saturation vapour pressure to temperature (Figure 2.14)
means that evaporation processes limit low latitude
ocean surface temperature (i.e. where evaporation is at
a maximum) to values of about 30°C. This plays an
important role in regulating the temperature of ocean
surfaces and overlying air in the tropics.

The rate of evaporation depends on a number of
factors, the two most important of which are the differ-
ence between the saturation vapour pressure at the water
surface and the vapour pressure of the air, and the
existence of a continual supply of energy to the surface.
Wind velocity also affects the evaporation rate, because
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the wind is generally associated with the advection 
of unsaturated air, which will absorb the available
moisture.

Water loss from plant surfaces, chiefly leaves, is a
complex process termed transpiration. It occurs when

the vapour pressure in the leaf cells is greater than the
atmospheric vapour pressure. It is vital as a life function
in that it causes a rise of plant nutrients from the soil
and cools the leaves. The cells of the plant roots can
exert an osmotic tension of up to about 15 atmospheres
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Figure 4.6 Mean evaporation (mm) for January and July.

Source: After M.I. Budyko, Heat Budget Atlas of the Earth (1958).



upon the water films between the adjacent soil particles.
As these soil water films shrink, however, the tension
within them increases. If the tension of the soil films
exceeds the osmotic root tension, the continuity of the
plant’s water uptake is broken and wilting occurs.
Transpiration is controlled by the atmospheric factors
that determine evaporation as well as by plant factors
such as the stage of plant growth, leaf area and leaf
temperature, and also by the amount of soil moisture
(see Chapter 12C). It occurs mainly during the day,
when the stomata (small pores in the leaves), through
which transpiration takes place, are open. This opening
is determined primarily by light intensity. Transpiration
naturally varies greatly with season, and during the
winter months in mid-latitudes conifers lose only 10 to
18 per cent of their total annual transpiration losses and
deciduous trees less than 4 per cent.

In practice, it is difficult to separate water evaporated
from the soil, intercepted moisture remaining on vege-
tation surfaces after precipitation and subsequently
evaporated, and transpiration. For this reason, evapo-
ration, or the compound term evapotranspiration, may
be used to refer to the total loss. Over land, annual
evaporation is 52 per cent due to transpiration, 28 per
cent soil evaporation and 20 per cent interception.

Evapotranspiration losses from natural surfaces can-
not be measured directly. There are, however, various
indirect methods of assessment, as well as theoretical
formulae. One method of estimation is based on the
moisture balance equation at the surface:

P – E = r � ∆S

This can be applied to a gauged river catchment, where
precipitation and runoff are measured, or to a block of
soil. In the latter case we measure the percolation
through an enclosed block of soil with a vegetation
cover (usually grass) and record the rainfall upon it. 
The block, termed a lysimeter, is weighed regularly 
so that weight changes unaccounted for by rainfall or
runoff can be ascribed to evapotranspiration losses,
provided the grass is kept short! The technique allows
the determination of daily evapotranspiration amounts.
If the soil block is regularly ‘irrigated’ so that the vege-
tation cover is always yielding the maximum possible
evapotranspiration, the water loss is called the potential

evapotranspiration (or PE). More generally, PE may 
be defined as the water loss corresponding to the avail-
able energy. Potential evapotranspiration forms the

basis for the climate classification developed by C. W.
Thornthwaite (see Appendix 1).

In regions where snow cover is long-lasting,
evaporation/sublimation from the snowpack can be
estimated by lysimeters sunk into the snow that are
weighed regularly.

A meteorological solution to the calculation of
evaporation uses sensitive instruments to measure the
net effect of eddies of air transporting moisture upward
and downward near the surface. In this ‘eddy correla-
tion’ technique, the vertical component of wind and the
atmospheric moisture content are measured simul-
taneously at the same level (say, 1.5 m) every few
seconds. The product of each pair of measurements is
then averaged over some time interval to determine the
evaporation (or condensation). This method requires
delicate rapid-response instruments, so it cannot be used
in very windy conditions.

Theoretical methods for determining evaporation
rates have followed two lines of approach. The first
relates average monthly evaporation (E) from large
water bodies to the mean wind speed (u) and the mean
vapour pressure difference between the water surface
and the air (e

w
– e

d
) in the form:

E = K
u
(e

w
– e

d
)

where K is an empirical constant. This is termed the
aerodynamic approach because it takes account of the
factors responsible for removing vapour from the water
surface. The second method is based on the energy
budget. The net balance of solar and terrestrial radiation
at the surface (R

n
) is used for evaporation (E) and 

the transfer of heat to the atmosphere (H). A small
proportion also heats the soil by day, but since nearly all
of this is lost at night it can be disregarded. Thus:

R
n

= LE � H

where L is the latent heat of evaporation (2.5 � 106 J
kg–1). R

n
can be measured with a net radiometer and 

the ratio H/LE = ß, referred to as Bowen’s ratio, can 
be estimated from measurements of temperature and
vapour content at two levels near the surface. ß ranges
from <0.1 for water to ≥10 for a desert surface. The 
use of this ratio assumes that the vertical transfers of
heat and water vapour by turbulence take place with
equal efficiency. Evaporation is then determined from
an expression of the form:
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R
n

E =  ————
L(1 � b)

The most satisfactory climatological method devised
so far combines the energy budget and aerodynamic
approaches. In this way, H.L. Penman succeeded in
expressing evaporation losses in terms of four meteo-
rological elements that are measured regularly, at least
in Europe and North America. These are net radiation
(or an estimate based on duration of sunshine), mean air
temperature, mean air humidity and mean wind speed
(which limit the losses of heat and vapour from the
surface).

The relative roles of these factors are illustrated 
by the global pattern of evaporation (see Figure 4.6).
Losses decrease sharply in high latitudes, where there is
little available energy. In middle and lower latitudes
there are appreciable differences between land and 
sea. Rates are naturally high over the oceans in view of
the unlimited availability of water, and on a seasonal
basis the maximum rates occur in January over the
western Pacific and Atlantic, where cold continental 
air blows across warm ocean currents. On an annual
basis, maximum oceanic losses occur about 15 to 20°N

and 10 to 20°S, in the belts of the constant trade winds
(see Figures 4.5B and 4.6). The highest annual losses,
estimated to be about 2000 mm, are in the western
Pacific and central Indian Ocean near 15°S (cf. Figure
3.30); 2460 MJ m–2 yr–1 (78 W m–2 over the year) are
equivalent to an evaporation of 900 mm of water. There
is a subsidiary equatorial minimum over the oceans, 
as a result of the lower wind speeds in the doldrum 
belt and the proximity of the vapour pressure in the air
to its saturation value. The land maximum occurs more
or less at the equator due to the relatively high solar
radiation receipts and the large transpiration losses from
the luxuriant vegetation of this region. The secondary
maximum over land in mid-latitudes is related to the
strong prevailing westerly winds.

The annual evaporation over Britain, calculated 
by Penman’s formula, ranges from about 380 mm in
Scotland to 500 mm in parts of south and southeast
England. Since this loss is concentrated in the period
May to September, there may be seasonal water deficits
of 120 to 150 mm in these parts of the country neces-
sitating considerable use of irrigation water by farmers.
The annual moisture budget can also be determined
approximately by a bookkeeping method devised by
C.E. Thornthwaite, where potential evapotranspiration
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moisture until field capacity is reached.

Source: From Howe (1956). Reprinted from Weather, by permission of the Royal Meteorological Society. Crown copyright ©.



is estimated from mean temperature. Figure 4.7 illus-
trates this for stations in western, central and eastern
Britain (compare Figure 10.22). In the winter months
there is an excess of precipitation over evaporation; this
goes to recharging the soil moisture, and further surplus
runs off. In summer, when evaporation exceeds pre-
cipitation, soil moisture is used initially to maintain
evaporation at the potential value, but when this store is
depleted there is a water deficiency, as shown in Figure
4.7 for Southend.

In the United States, monthly moisture conditions are
commonly evaluated on the basis of the Palmer Drought
Severity Index (PDSI). This is determined from accumu-
lated weighted differences between actual precipitation
and the calculated amount required for evapotranspi-
ration, soil recharge and runoff. Accordingly, it takes
account of the persistence effects of drought situations.
The PDSI ranges from ≥4 (extremely moist) to ≤–4
(extreme drought). Figure 4.8 indicates an oscillation
between drought and unusually moist conditions in 
the continental USA during the period October 1992 to
August 1993.

D CONDENSATION

Condensation is the direct cause of all the various forms
of precipitation. It occurs as a result of changes in air
volume, temperature, pressure or humidity. Four mech-
anisms may lead to condensation: (1) the air is cooled
to dew-point but its volume remains constant; (2) the
volume of the air is increased without addition of heat;
this cooling occurs because adiabatic expansion causes
energy to be consumed through work (see Chapter 5);
(3) a joint change of temperature and volume reduces
the moisture-holding capacity of the air below its
existing moisture content; or (4) evaporation adds
moisture to the air. The key to understanding conden-
sation lies in the fine balance that exists between these
variables. Whenever the balance between one or more
of these variables is disturbed beyond a certain limit,
condensation may result.

The most common circumstances favouring conden-
sation are those producing a drop in air temperature;
namely contact cooling, radiative cooling, mixing 
of airmasses of different temperatures and dynamic
cooling of the atmosphere. Contact cooling occurs
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within warm, moist air passing over a cold land surface.
On a clear winter’s night, strong radiation will cool the
surface very quickly. This surface cooling extends grad-
ually to the moist lower air, reducing the temperature to
a point where condensation occurs in the form of dew,
fog or frost, depending on the amount of moisture
involved, the thickness of the cooling air layer and the
dew-point value. When the latter is below 0°C, it is
referred to as the hoar-frost point if the air is saturated
with respect to ice.

The mixing of contrasting layers within a single
airmass, or of two different airmasses, can also produce
condensation. Figure 4.9 indicates how the horizontal
mixing of two airmasses (A and B), of given temper-
ature and moisture characteristics, may produce an
airmass (C) that is supersaturated at the intermediate
temperature and consequently forms cloud. Vertical
mixing of an air layer, discussed in Chapter 5 (see
Figure 5.7), can have the same effect. Fog, or low
stratus, with drizzle – known as ‘crachin’ – is common
along the coasts of south China and the Gulf of Tonkin
between February and April. It develops either through
airmass mixing or warm advection over a colder surface. 

The addition of moisture into the air near the surface
by evaporation occurs when cold air moves out over a
warm water surface. This can produce steam fog, which
is common in arctic regions. Attempts at fog dispersal
are one area where some progress has been made in local
weather modification. Cold fogs can be dissipated

locally by the use of dry ice (frozen CO2) or the release
of propane gas through expansion nozzles to produce
freezing and the subsequent fall-out of ice crystals 
(cf. p. 101). Warm fogs (i.e. having drops above freezing
temperatures) present bigger problems, but attempts at
dissipation have shown some limited success in evap-
orating droplets by artificial heating, the use of large
fans to draw down dry air from above, the sweeping out
of fog particles by jets of water, and the injection of
electrical charges into the fog to produce coagulation.

The most effective cause of condensation is undoubt-
edly the dynamic process of adiabatic cooling associated
with instability. This is discussed in Chapter 5.

E PRECIPITATION CHARACTERISTICS
AND MEASUREMENT

1 Forms of precipitation

Strictly, precipitation refers to all liquid and frozen
forms of water. The primary ones are:

Rain Falling water drops with a diameter of at least
0.5 mm and typically 2 mm; droplets of less
than 0.5 mm are termed drizzle. Rainfall has
an accumulation rate of ≥1 mm/hour. Rain 
(or drizzle) that falls on a surface at subzero
temperature forms a glazed ice layer and is
termed freezing rain. During the protracted
‘ice storm’ of 5–9 January 1998 in the north-
eastern United States and eastern Canada,
some areas received up to 100 mm of freezing
rain.

Snow Ice crystals falling in branched clusters as
snowflakes. Wet snow has crystals bonded by
liquid water in interior pores and crevices.
Individual crystals have a hexagonal form
(needles or platelets, see Plate 10). At low
temperatures (–40°C), crystals may float in
the air, forming ‘diamond dust’.

Hail Hard pellets, balls or irregular lumps of ice, 
at least 5 mm across, formed of alternating
shells of opaque and clear ice. The core of a
hailstone is a frozen water drop (ice pellet) 
or an ice particle (graupel).

Graupel Snow pellets, opaque conical or rounded ice
particles 2 to 5 mm in diameter formed by
aggregation.
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Figure 4.9 The effect of airmass mixing. The horizontal mixing
of two unsaturated airmasses (A) and (B) will produce one
supersaturated airmass (C). The saturation vapour pressure curve
is shown (cf. Figure 2.14B, which is a semi-logarithmic plot).

Source: After Petterssen (1969).



Sleet Refers in the UK to a rain–snow mixture; 
in North America, to small translucent ice
pellets (frozen raindrops) or snowflakes that
have melted and refrozen.

Dew Condensation droplets on the ground surface
or grass, deposited when the surface tempera-
ture is below the air’s dew-point temperature.
Hoar-frost is the frozen form, when ice
crystals are deposited on a surface.

Rime Clear crystalline or granular ice deposited
when supercooled fog or cloud droplets
encounter a vertical structure, trees or sus-
pended cable. The rime deposit grows into 
the wind in a triangular form related to the
wind speed. It is common in cold, maritime
climates and on mid-latitude mountains in
winter.

In general, only rain and snow make significant
contributions to precipitation totals. In many parts of
the world, the term rainfall may be used interchangeably
with precipitation. Precipitation is measured in a 
rain gauge, a cylindrical container capped by a funnel 
to reduce evaporative losses, which most commonly
stands on the ground. Its height is about 60 cm and its
diameter about 20 cm. More than fifty types of rain
gauge are in use by national meteorological services
around the world. In windy and snowy regions they are
often equipped with a windshield to increase the catch
efficiency. It must be emphasized that precipitation
records are only estimates. Factors of gauge location,
its height above ground, large- and small-scale turbu-
lence in the airflow, splash-in and evaporation all
introduce errors in the catch. Gauge design differences
affect the airflow over the gauge aperture and the
evaporation losses from the container. Falling snow is
particularly subject to wind effects, which can result in
under-representation of the true amount by 50 per cent
or more. It has been shown that a double snow fence
erected around the gauge installation greatly improves
the measured catch. Corrections to gauge data need 
to take account of the proportion of precipitation falling
in liquid and solid form, wind speeds during precip-
itation events, and precipitation intensity. Studies in
Switzerland suggest that observed totals underestimate
the true amounts by 7 per cent in summer and 11 per
cent in winter below 2000 m, but by as much as 15 
per cent in summer and 35 per cent in winter in the Alps
between 2000 and 3000 m.

The density of gauge networks limits the accuracy of
areal precipitation estimates. The number of gauges per
10,000-km2 area ranges from 245 gauges in Britain to
ten in the United States and only three in Canada and
Asia. The coverage is particularly sparse in mountain
and polar regions. In many land areas, weather radar
provides unique information on storm systems and
quantitative estimates of area-averaged precipitation 
(see Box 4.1). Ocean data come from island stations and
ship observations of precipitation frequency and relative
intensity. Satellite remote sensing, using infra-red and
passive microwave data, provides independent esti-
mates of large-scale ocean rainfall.

2 Precipitation characteristics

The climatological characteristics of precipitation may
be described in terms of mean annual precipitation,
annual variability and year-to-year trends. However,
hydrologists are interested in the properties of individual
rainstorms. Weather observations usually indicate the
amount, duration and frequency of precipitation, and
these enable other derived characteristics to be deter-
mined. Three of these are discussed below.

a Rainfall intensity

The intensity (= amount/duration) of rainfall during an
individual storm, or a still shorter period, is of vital
interest to hydrologists and water engineers concerned
with flood forecasting and prevention, as well as to
conservationists dealing with soil erosion. Chart records
of the rate of rainfall (hyetograms) are necessary to
assess intensity, which varies markedly with the time
interval selected. Average intensities are greatest for
short periods (thunderstorm-type downpours) as Figure
4.10 illustrates for Milwaukee, USA.

In the case of extreme rates at different points over
the earth (Figure 4.11), the record intensity over ten
minutes is approximately three times that for 100 min-
utes, and the latter exceeds by as much again the record
intensity over 1000 minutes (i.e. 16.5 hours). Note that
many of the records for events with a duration greater
than a day are from the tropics. High-intensity rain is
associated with increased drop size rather than an
increased number of drops. For example, with precipi-
tation intensities of 1, 13 and 100 mm/hr (or 0.05, 0.5
and 4.0 in/hr), the most frequent raindrop diameters 
are 1, 2 and 3 mm, respectively. Figure 4.12 shows
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maximum expected precipitation for storms of different
duration and frequency in the USA. The maxima are
along the Gulf Coast and in Florida.

b Areal extent of a rainstorm

The rainfall totals received in a given time interval
depend on the size of the area that is considered. Rainfall
averages for a twenty-four-hour storm covering 100,00
km2 may be only one-third to one-tenth of those for a
storm over a 25 km2 area. The curvilinear relationship is
similar to that for rainfall duration and intensity. Figure
4.13 illustrates the relationship between rain area and
frequency of occurrence in Illinois, USA. Here a log–log
plot gives a straight line fit. For 100-year, or heavier falls,
the storm frequency in this region may be estimated from
0.0011 (area)0.896 where the area is in km2.

c Frequency of rainstorms

It is useful to know the average time period within 
which a rainfall of specified amount or intensity may be
expected to occur once. This is termed the recurrence

interval or return period. Figure 4.14 gives this type 
of information for six contrasting stations. From this, 
it would appear that on average, each twenty years, a
twenty-four-hour rainfall of at least 95 mm is likely 
to occur at Cleveland and 216 mm at Lagos. However,
this average return period does not mean that such falls
necessarily occur in the twentieth year of a selected
period. Indeed, they might occur in the first or not at all!
These estimates require long periods of observational
data, but the approximately linear relationships shown
by such graphs are of great practical significance for the
design of flood-control systems.

Studies of rainstorm events have been carried 
out in many different climatic areas. An example for
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RADAR METEOROLOGY

Radio detection and ranging (radar), developed for aircraft detection during the Second World War, was swiftly applied
to tracking precipitation areas from the radar echoes. Radio waves transmitted by an antenna in the cm wavelength range
(typically 3 and 10 cm) are back-scattered by raindrops and ice particles, as well as by cloud droplets, particulates, insect
swarms and flocks of birds. The return signal and its time delay provide information on the objects in the path of the
beam and their direction, distance and altitude. The need to detect tropical rainstorms led to the first training programmes
in radar interpretation in 1944. In 1946 to 1947, the Thunderstorm Project led by H. R. Byers used radar to track the
growth and organization of thunderstorms in Florida and Ohio. Gradually, indicators of storm severity were devised based
on the shape and arrangement of echoes, their vertical extent and the strength of the back scatter measured in decibels
(dB). Much of this process is now automated. Specifically designed weather radars for the US Weather Bureau became
available only in 1957. In the 1970s the Doppler radar, which uses the frequency shift produced by a moving target to
determine the horizontal motion relative to the radar location, began to be used for research on hail and tornadoes.
Dual Doppler systems are used to calculate the horizontal wind vector. The Next Generation Weather Radar (NEXRAD)
deployed in the 1990s in the United States, and similar systems in Canada and European countries, are modern Doppler
instruments. The vertical profile of winds in the atmosphere can be determined with vertically pointing Doppler radar
operating in the VHF (30 MHz) to UHF (3 GHz) ranges. The wind velocity is calculated from variations in the clear air
refractive index caused by turbulence. 

A major application of radar is in estimating precipitation intensity. R. Wexler and J.S. Marshall and colleagues first
established a relationship between radar reflectivity and rain rate in 1947. The reflectivity, Z, was found to depend on
the droplet concentration (N) times the sixth power of the diameter (D6). The basis of this relationship has recently been
questioned. Estimates are generally calibrated with reference to rain gauge measurements.

Reference

Rogers, R.R. and Smith, P.L. (1996) A short history of radar meteorology. In J.R. Fleming (ed.) Historical Essays on Meteorology

1919–1995. American Meteorological Society, Boston, MA, pp. 57–98.

box 4.1

significant 
20th-c. advance
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Figure 4.10 Relation between rainfall intensity and duration for Milwaukee, USA, during three months in 1973.

Source: US Environmental Data Service (1974). Courtesy US Environmental Data Service.

Figure 4.11 World record rainfalls (mm) with an envelope line prior to 1967. The equation of the line is given and the state or
country where important records were established.

Source: Modified and updated after Rodda (1970).
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Figure 4.12 Maximum expected precipitation (mm) for storms of one-hour and twenty-four-hour duration occurring once in ten
years and once in 100 years over the continental United States, calculated from records prior to 1961.

Source: US National Weather Service, courtesy NOAA.

Figure 4.13 The relationship between
area (km2) and frequency of occurrence,
during a five-year period, of rainstorms
that produce (A) 25-year and (B) 100-
year or heavier rain amounts for six- to
twelve-hour periods over 50 per cent
or more of each area in Illinois.

Source: Chagnon (2002), by permission of
the American Meteorological Society.



southwest England is shown in Figure 4.15. The twenty-
four-hour storm had an estimated 150 to 200-year return
period. By comparison, tropical rainstorms have much
higher intensities and shorter recurrence intervals for
comparable totals.

3 The world pattern of precipitation

Globally, 79 per cent of total precipitation falls on the
oceans and 21 per cent on land (Figure 4.1). A glance 
at the maps of precipitation amount for December to
February and June to August (Figure 4.16) indicates that
the distributions are considerably more complex than
those, for example, of mean temperature (see Figure
3.11). Comparison of Figure 4.17 with the meridional
profile of average precipitation for each latitude (Figure
4.18) brings out the marked longitudinal variations that
are superimposed on the zonal pattern. The zonal pattern
has several significant features:

1 The ‘equatorial’ maximum, which is displaced into
the northern hemisphere. This is related primarily 
to the converging trade wind systems and monsoon
regimes of the summer hemisphere, particularly in
South Asia and West Africa. Annual totals over 

large areas are of the order of 2000 to 2500 mm or 
more.

2 The west coast maxima of mid-latitudes associated
with the storm tracks in the westerlies. The precipita-
tion in these areas has a high degree of reliability.

3 The dry areas of the subtropical high-pressure 
cells, which include not only many of the world’s
major deserts but also vast oceanic expanses. In 
the northern hemisphere, the remoteness of the
continental interiors extends these dry conditions
into mid-latitudes. In addition to very low average
annual totals (less than 150 mm), these regions have
considerable year-to-year variability.

4 Low precipitation in high latitudes and in winter over
the continental interiors of the northern hemisphere.
This reflects the low vapour content of the extremely
cold air. Most of this precipitation occurs in solid
form.

Figure 4.17 demonstrates why the subtropics do not
appear as particularly dry on the meridional profile 
in spite of the known aridity of the subtropical high-
pressure areas (see Chapter 10). In these latitudes, the
eastern sides of the continents receive considerable
rainfall in summer.
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In view of the complex controls involved, no brief
explanation of these precipitation distributions can be
very satisfactory. Various aspects of selected precip-
itation regimes are examined in Chapters 10 and 11,
after consideration of the fundamental ideas about
atmospheric motion and weather disturbances. Here we
simply point out four factors that have to be taken into
account in studying Figures 4.16 and 4.17:

1 The limit imposed on the maximum moisture content
of the atmosphere by air temperature. This is impor-
tant in high latitudes and in winter in continental
interiors.

2 The major latitudinal zones of moisture influx due to
atmospheric advection. This in itself is a reflection 
of the global wind systems and their disturbances
(i.e. the converging trade wind systems and the
cyclonic westerlies, in particular).

3 The distribution of the landmasses. The southern
hemisphere lacks the vast, arid, mid-latitude conti-
nental interiors of the northern hemisphere. The
oceanic expanses of the southern hemisphere allow
the mid-latitude storms to increase the zonal 

precipitation average for 45°S by about one-third
compared with that of the northern hemisphere for
50°N. Longitudinal irregularities are also created by
the monsoon regimes, especially in Asia.

4 The orientation of mountain ranges with respect to
the prevailing winds.

4 Regional variations in the altitudinal
maximum of precipitation

The increase of mean precipitation with height on
mountain slopes is a widespread characteristic in mid-
latitudes, where the vertical increase in wind speed
augments the moisture flux. An increase may be
observed up to at least 3000 to 4000 m in the Rocky
Mountains in Colorado and in the Alps. In western
Britain, with mountains of about 1000 m, the maximum
falls are recorded to leeward of the summits. This
probably reflects the general tendency of air to continue
rising for a while after it has crossed the crestline and the
time lag involved in the precipitation process after con-
densation. Over narrow uplands, the horizontal distance
may allow insufficient time for maximum cloud buildup
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Figure 4.15 Distribution of rainfall (mm) over Exmoor, southwest England, during a twenty-four-hour period on 15 August 1952
which produced catastrophic local flooding at Lynmouth. The catchment is marked (by dashes). Seventy-five per cent of the rain fell
in just seven hours.

Source: Dobbie and Wolf (1953).
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Figure 4.16 Mean global precipitation (mm per day) for the periods December to February and June to August.

Source: From Legates (1995), copyright © John Wiley & Sons Ltd. Reproduced with permission.



and the occurrence of precipitation. However, a further
factor may be the effect of eddies, set up in the airflow
by the mountains, on the catch of rain gauges. Studies
in Bavaria at the Hohenpeissenberg Observatory show
that standard rain gauges may overestimate amounts by
about 10 per cent on the lee slopes and underestimate
them by 14 per cent on the windward slopes.

In the tropics and subtropics, maximum precipita-
tion occurs below the higher mountain summits, from
which level it decreases upward towards the crest.

Observations are generally sparse in the tropics, but
numerous records from Java show that the average ele-
vation of greatest precipitation is approximately 1200 m.
Above about 2000 m, the decrease in amounts becomes
quite marked. Similar features are reported from Hawaii
and, at a rather higher elevation, on mountains in East
Africa (see Chapter 11H.2). Figure 4.18A shows that,
despite the wide range of records for individual stations,
this effect is clearly apparent along the Pacific flank of
the Guatemalan highlands. Further north along the
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Figure 4.17 Mean precipitation (mm/yr) over (A) the oceans, (B) the land and (C) globally for December to February, June to August
and annually.

Source: Peixoto and Oort (1983). From Variations in the Global Water Budget, ed. A. Street-Perrott, M. Beran and R. Ratciffe (1983), Fig. 23.
Copyright © D. Reidel, Dordrecht, by kind permission of Kluwer Academic Publishers.



coast, the occurrence of a precipitation maximum below
the mountain crest is observed in the Sierra Nevada,
despite some complication introduced by the shielding
effect of the Coast Ranges (Figure 4.18B), but in the
Olympic Mountains of Washington precipitation
increases right up to the summits. Precipitation gauges
on mountain crests may underestimate the actual precip-
itation due to the effect of eddies, and this is particularly
true where much of the precipitation falls in the form 
of snow, which is very susceptible to blowing by the
wind.

One explanation of the orographic difference
between tropical and temperate rainfall is based on 
the concentration of moisture in a fairly shallow layer
of air near the surface in the tropics (see Chapter 11).
Much of the orographic precipitation seems to derive
from warm clouds (particularly cumulus congestus),
composed of water droplets, which commonly have an
upper limit at about 3000 m. It is probable that the height
of the maximum precipitation zone is close to the 
mean cloud base, since the maximum size and number
of falling drops will occur at that level. Thus, stations

located above the level of mean cloud base will receive
only a proportion of the orographic increment. In tem-
perate latitudes, much of the precipitation, especially in
winter, falls from stratiform cloud, which commonly
extends through a considerable depth of the troposphere.
In this case, there tends to be a smaller fraction of the
total cloud depth below the station level. These differ-
ences according to cloud type and depth are apparent
even on a day-to-day basis in mid-latitudes. Seasonal
variations in the altitude of the mean condensation 
level and zone of maximum precipitation are similarly
observed. In the Pamir and Tien Shan of Central Asia.
for instance, the maximum is reported to occur at about
1500 m in winter and at 3000 m or more in summer. 
A further difference between orographic effects on
precipitation in the tropics and the mid-latitudes relates
to the high instability of many tropical airmasses. Where
mountains obstruct the flow of moist tropical airmasses,
the upwind turbulence may be sufficient to trigger
convection, producing a rainfall maximum at low
elevations. This is illustrated in Figure 4.19A for Papua
New Guinea, where there is a seasonally alternating
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Figure 4.19 The relationship between
precipitation (broken line) and relief in the
tropics and mid-latitudes. (A) The highly
saturated airmasses over the Central
Highlands of Papua New Guinea give
seasonal maximum precipitations on the
windward slopes of the mountains with
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(A) and is closely correlated with the
topography on the windward side of the
mountains. The arrows show the
prevailing airflow directions.

Sources: (A) After Barry 1991); (B) After
Maurer and Lütschg (from Barry).



wind regime – northwesterly (southeasterly) in the
austral summer (winter). By contrast, in more stable
mid-latitude airflow, the rainfall maximum is related
closely to the topography (see Figure 4.19B for the
Swiss Alps).

5 Drought

The term drought implies an absence of significant
precipitation for a period long enough to cause moisture
deficits in the soil through evapotranspiration and
decreases in stream flow, so disrupting normal bio-
logical and human activities. Thus a drought condition
may obtain after only three weeks without rain in 
parts of Britain, whereas areas of the tropics regularly
experience many successive dry months. There is no
universally applicable definition of drought. Specialists
in meteorology, agriculture, hydrology and socio-
economic studies, who have differing perspectives, have
suggested at least 150 different definitions. All regions
suffer the temporary but irregularly recurring condition
of drought, but particularly those with marginal climates
alternately influenced by differing climatic mechanisms.
Causes of drought conditions include:

1 Increases in the size and persistence of subtropical
high-pressure cells. The major droughts in the African
Sahel (see Figure 13.11) have been attributed to an
eastward and southward expansion of the Azores
anticyclone.

2 Changes in the summer monsoon circulation. This
may cause a postponement or failure of moist trop-
ical incursions in areas such as Nigeria or the Punjab
of India.

3 Lower ocean-surface temperatures produced by
changes in currents or increased upwelling of cold
waters. Rainfall in California and Chile may be
affected by such mechanisms (see p. 155), and
adequate rainfall in the drought-prone region of
northeast Brazil appears to be strongly dependent on
high sea-surface temperatures at 0 to 15°S in the
South Atlantic.

4 Displacement of mid-latitude storm tracks. This may
be associated with an expansion of the circumpolar
westerlies into lower latitudes or with the devel-
opment of persistent blocking circulation patterns in
mid-latitudes (see Figure 8.25). It has been suggested
that droughts on the Great Plains east of the Rockies
in the 1890s and 1930s were due to such changes in
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Figure 4.20 Drought areas of central
USA, based on areas receiving less
than 80 per cent of the normal July to
August precipitation.

Source: After Borchert (1971).



the general circulation. However, the droughts of the
1910s and 1950s in this area were caused by persistent
high pressure in the southeast and the northward
displacement of storm tracks (Figure 4.20).

From May 1975 to August 1976, parts of northwest
Europe from Sweden to western France experienced
severe drought conditions. Southern England received
less than 50 per cent of average rainfall, the most severe
and prolonged drought since records began in 1727
(Figure 4.21). The immediate causes of this regime were
the establishment of a persistent blocking ridge of high
pressure over the area, displacing depression tracks 5 to
10° latitude northward over the eastern North Atlantic.
Upstream, the circulation over the North Pacific had
changed earlier, with the development of a stronger
high-pressure cell and stronger upper-level westerlies,
associated perhaps with a cooler than average sea
surface. The westerlies were displaced northward over
both the Atlantic and the Pacific. Over Europe, the 
dry conditions at the surface increased the stability 
of the atmosphere, further lessening the possibility of

precipitation. Rainfall for April to August 1995 over
England and Wales was only 46 per cent of average
(compared with 47 per cent in 1976), again associated
with a northward extension of the Azores anticyclone.
This deficit has an estimated return period in excess of
200 years! Nevertheless, the fifteen-year period 1983 to
1995 included six summers that were dry and also warm
relative to the central England temperature record for
1659 to 1975.

Persistent, severe droughts involve combinations 
of several mechanisms. The prolonged drought in 
the Sahel – a 3000 � 700-km zone stretching along the
southern edge of the Sahara from Mauritania to Chad 
– which began in 1969 and has continued with inter-
ruptions up to the present (see Figure 13.11), has been
attributed to several factors. These include an expansion
of the circumpolar westerly vortex, shifting of the
subtropical high-pressure belt towards the equator, and
lower sea-surface temperatures in the eastern North
Atlantic. There is no evidence that the subtropical high
pressure was further south, but dry easterly airflow was
stronger across Africa during drought years.
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Figure 4.21 The drought of northwest Europe between May 1975 and August 1976. (A) Conditions of a blocking high pressure over
Britain, jet stream bifurcation and low sea-surface temperatures. (B) Rainfall over western Europe between May 1975 and August 1976
expressed as a percentage of a thirty-year average.

Source: From Doornkamp and Gregory (1980).



The meteorological definition of drought has become
clouded by the subject of desertification, particularly
since the UN conference on the subject in 1977 in
Nairobi. This concern was sparked by the protracted
drought, resulting in desiccation, in much of the Sahel
zone. In turn, the removal of vegetation, increasing the
surface albedo and lowering evapotranspiration, is
believed to result in decreased rainfall. The problem for
climatologists is that desertification involves land
degradation as a result of human activities, primarily in
areas of savanna and steppe surrounding the major
desert regions. These areas have always been subject to
climatic fluctuations (as distinct from climatic change)
and to human impacts (e.g. deforestation, mismanage-
ment of irrigation, overgrazing) initiating changes in
surface cover, which modify the moisture budget.

DISCUSSION TOPICS

� Trace the possible paths of a water molecule

through the hydrological cycle and consider the

measurements that need to be made to determine

the quantities of water involved in the various

transformations. 

� What processes lead to phase changes of water in

the atmosphere and what are some of their conse-

quences? 

� What is the significance of clouds in the global water

balance?

� Compare the moisture balance of an air column and

that of a small drainage basin.

� What are the various statistics used to characterize

rainfall events and for what different purposes are

they important?

� Consider how an annual water budget diagram

might differ between a wet year and a dry year at

the same location.
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Plate 1 Visible image of Africa, Europe and the Atlantic Ocean taken by METEOSAT on 19 August 1978
at 11:55 hours GMT. An anticyclone is associated with clear skies over Europe and the Mediterranean,
while frontal-wave cyclones are evident in the North Atlantic. Cloud clusters appear along the oceanic
intertropical convergence zone (ITCZ) and there are extensive monsoon cloud masses over equatorial
West Africa. Less organized cloud cover is present over East Africa. The subtropical anticyclone areas
are largely cloud-free but possess trade wind cumulus, particularly in the southeast trade wind belt of 
the South Atlantic. The highly reflective desert surfaces of the Sahara are prominent (METEOSAT image
supplied by the European Space Agency).
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Plate 2 The TIROS-N spacecraft, having a length of 3.71 m and a weight of 1421 kg. The four instruments of particular meteorological
importance are shown in the numbered boxes. 1. Visible and infra-red detector – discerns clouds, land–sea boundaries, snow and ice
extent and temperatures of clouds, earth’s surface and sea surface. 2. Infra-red detector – permits calculation of temperatures profile
from the surface to the 10-mb level, as well as the water vapour and ozone contents of the atmosphere in cloud-free areas. 3. Device
for measuring temperatures in the stratosphere. 4. Device for measuring microwave radiation from the earth’s surface which
supplements unit 2 in cloudy areas (NOAA: National Oceanic and Atmospheric Administration).



Plate 3 The TIROS-N satellite system consisting of two spacecraft in polar orbit at 833 and 870 km, respectively. The orbital plane
of the second satellite lags 90° longitude behind that of the first and the orbital plane of each processes eastward at about 1° longitude
per day. Each satellite transmits data from a circular area of the earth’s surface 6200 km in diameter. The satellites make 14.18 and
14.07 orbits of the earth per day, respectively, such that each point on the earth is sensed for 13 to 14 minutes at a time (NOAA).

Plate 4 Cumulus towers with powerful thunderstorms along the ITCZ over Zaire photographed in April 1983 from the space shuttle
at an elevation of 280 km. The largest tower shows a double mushroom cap reaching to more than 15,240 m and the symmetrical
form of the caps indicates a lack of pronounced airflow at high levels (courtesy of NASA).



Plate 5 Massive dust plumes over the eastern North Atlantic on 26 February 2000 as viewed by the SeaWiFs sensor on board
the NASA OrbView-2 satellite. Dust is transported from the western Sahara and coastal areas of Africa across the Canary Islands
(Prospero 2001) (NASA photograph, courtesy of J.M. Prospero).



Plate 6 Cumulonimbus cloud with anvil (courtesy of NOAA Photo Library, Historic NWS Collection, wea 02023).



Plate 7 View north along the
eastern front of the Colorado
Rockies, showing lee-wave clouds
(NCAR photograph by Robert
Bumpas).

Plate 8 Radiating or dendritic
cellular (actiniform) cloud pat-
tern. These complex convective 
systems some 150 to 250 km
across were only discovered
from satellite photographs. They
usually occur in groups over areas
of subsidence inversions, inten-
sified by cold ocean currents (e.g.
in low latitudes of the eastern
Pacific) (NOAA).



Plate 9 DMSP visible image of the coastal area off New England at 14:33 hours GMT, 17 February
1979. A northerly airflow averaging 10ms–1, with surface air temperatures of about –15°C, moves
offshore where sea-surface temperatures increase to 9°C within 250 km of the coast. Convective cloud
streets are visible, also ice in James Bay (upper left), and in the Gulf of St Lawrence (image courtesy of
National Snow and Ice Data Center, University of Colorado, Boulder) (see Monthly Weather Review III,
1983, p. 245).



Plate 10 Snow crystals showing the variety of hexagonal plates (courtesy of NOAA Photo
Library).



Plate 11 Thunderstorm approach-
ing Östersund, Sweden, during late
afternoon on 23 June 1955. Ahead
of the region of intense precipitation
there are rings of cloud formed 
over the squall front (copyright 
F.H. Ludlam; originally published 
in Weather, vol. XV. no. 2, 1960, 
p. 63).

Plate 12 Multiple cloud-to-cloud and cloud-to-ground lightning from time-lapse photography during a nocturnal thunderstorm (courtesy
of National Severe Storms Laboratory, OAR/ERL. NOAA, NOAA Photo Library nss. 10012).



Plate 13 View looking south-southeast from about 9000 m (30,000 ft) along the Owen’s Valley,
California, showing a roll cloud developing in the lee of the Sierra Nevada mountains. The lee-wave
crest is marked by the cloud layer, and the vertical turbulence is causing dust to rise high into the air
(W = Mount Whitney, 4418 m (14,495 ft); I = Independence) (photograph by Robert F. Symons:
courtesy R. S. Scorer).



Plate 14 Photograph by an astronaut from Gemini XII manned spacecraft from an elevation of some
180 km (112 miles) looking southeast over Egypt and the Red Sea. The bank of cirrus clouds is associated
with strong upper winds, possibly concentrated as a jet stream (NASA photograph).



Plate 15 Infra-red photographs of the North Pacific, with the 200-mb jet stream inserted. Above:
general zonal flow associated with a high zonal index, 12 March 1971: three major cloud systems 
(A, B, C) occur along the belt of zonal flow, and the largest east–west belt of cloud (D) to the south
of Japan is also characteristic of accentuated zonal flow. Below: large-amplitude flow regime associated
with a lower zonal index and a blocking ridge, 23 April 1971 (World Meteorological Organization 1973).



Plate 16 Infra-red photograph showing large vortices of cold water (light) upwelling in the warmer surface
coastal waters (dark) off southern California. The colder offshore California current is clearly shown (NASA
photograph).
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Plate 17 View looking westward towards an approaching warm front, with lines of jet stream clouds
extending from the northwest, from which trails of ice crystals are falling. In the middle levels are dark
wave clouds formed in the lee of small hills by the southwesterly airflow, whereas the wind direction
at the surface is more southerly – as indicated by the smoke from the chimney (photograph copyright by
F.H. Ludlam: diagram by R.S. Scorer: both published in Weather, vol. 17, no. 8, 1962, pp. 266–7).



Plate 18 Satellite photograph of North America taken at 17:00 hours GMT on 12 February 1979 from a GOES weather satellite located some 35,800
km above the equator. Two depressions are located below an upper jet stream located between polar and subtropical high-pressure cells. The more
westerly depression is forming in the lee of the Rocky Mountains; cold polar air streaming off New England is becoming cloudy over the warmer sea;
weak easterly waves (dashed) have developed equatorward of the subtropical high-pressure cells over the Caribbean and Central America (courtesy
of NOAA).



Plate 19 A polar low near Iceland, 14 January 1984, as seen on a visible band DMSP satellite image. This
mesoscale low and the closed cellular cloud patterns to the south developed in a northerly airflow behind
an occluded depression situated over the coast of Norway (courtesy of National Snow and Ice Data Center,
University of Colorado, Boulder).


